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Abstract

Compound-specific stable isotope analysis and biomarker-based pale-

othermometry have been increasingly applied to for paleoclimatic and pale-

oecological studies. The first project aims to reconstruct the paleoclimate in

the Qaidam Basin during the last glacial period. Qaidam Basin in the North-

ern Tibetan Plateau is a critical eolian factory located at a unique geographic

location that links the Westerlies and the Asian summer monsoons. However,

how the interactions of two climatic systems influence the paleohydrology that

in turn impacts the eolian production in the Qaidam Basin has been seldom

explored. Our results show that the Westerlies and Asian summer monsoons

alternately controlled the Qaidam Basin’s climate in response to precessional

forcing during the late Pleistocene. The second project studies the hydrological

change in the Gulf of Mexico (GoM) region during the “greenhouse” to “ice-

house” transition near the Eocene-Oligocene boundary (33.9 Ma). The geolog-

ical evidence and climate model proposes that cooling in the Northern Hemi-

sphere was delayed and weaker than in the Southern Hemisphere during the

climate transition, which intensifies the Atlantic Meridional Overturning Cir-

culation, increased precipitation in low-latitudes, and subsequent drawdown of

atmospheric carbon dioxide during weathering processes. However, there are
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no quantitative constraints on variations in low latitude precipitation during

this interval. Our paleoclimate data from the GoM through the climate tran-

sition interval show increased precipitation up to 50%, supporting the CO2-

weathering feedback hypothesis and highlighting the low-high latitude climate

and atmospheric-oceanic connection. The third project focuses on the post-

middle Miocene paleoclimate and ecological change in the northern Tibetan

Plateau (TP). The relative importance of high topography on the TP and the

global cooling in regional climate and ecology in Central Asia has been a long-

standing debate. Our carbon isotope records from Hexi Corridor, northern TP

show that (1) global cooling plays a primary role in the decline in C4 plant

contribution in northern Tibetan Plateau since the ∼14.8 Ma, and (2) the dis-

parate regional climate patterns in northern Tibetan Plateau since ∼12 Ma are

owing to the uplift of plateau.
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Chapter 1. Introduction

Over the past few decades, Liqid biomarkers from terrestrial higher

plants have been increasingly used to study the paleoclimate, biochemical pro-

cesses, and fossil fuel exploration. The stable carbon and hydrogen isotopic

compositions of n-alkane derived from leaf wax lipid bears information about

environment and ecology (such as photosynthetic pathways of C3 and C4 plant

on CO2 fixation, hydrology, and paleotemperature), which make it a critical

tool in studying earth history, especially paleoclimate and tectonic process.

My research shows the application of molecular biomarker approaches for

studying paleoclimate and paleoecology within various geological periods and

in vast regions, including Qaidam Basin and Hexi Corridor in northwestern

China and the Gulf of Mexico in the United States.

1.1. Last Glacial Climate in the Qaidam Basin: Implications for Westerlies-
monsoon Interactions

The Qaidam Basin is situated in a critical site that links the Wester-

lies and East Asian summer monsoons and hence provides a superb example

for studying the interactions between two atmospheric systems in the North-

ern Hemisphere. A common view regarding the paleoclimate over the glacial-

interglacial cycles in Asia is that climate was warm and humid when the Asian

summer monsoon was strong in interglacial periods and cold and dry when
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the westerlies were dominant in the glacial periods. However, sedimentary ev-

idence indicated that paleolakes in the Tibetan Plateau, including the Qaidam

Basin, were expanded with a much higher lake level (> 100 meters) than the

present during the last glacial period. I am using geochemistry proxies to re-

construct hydrology and temperature history in the Qaidam Basin during the

last glacial. The study will advance our knowledge of the interaction between

the Westerlies and the East Asian summer monsoons and their influences on

regional paleoclimate patterns since the late Pleistocene.

1.2. Hemispherical Temperature Asymmetry Shifting the Atlantic ITCZ
Northward During the Eocene-Oligocene Transition

Marine sedimentary and geochemistry evidence indicate profound

climate change during the Eocene-Oligocene transition, including a drop in

atmospheric CO2, cooling at high-latitude, and Antarctic glaciation. On the

other hand, terrestrial paleoclimate data show a various climate responses

range from aridification, stable hydrological condition, to increasing season-

ality. However, few studied the connection between terrestrial and oceanic

responses to this climate event. In the Gulf of Mexico region, terrestrial and

oceanic records show divergent responses. Some studies suggested that the

sea surface temperature in the Gulf of Mexico decreases about 3 °C during

this transition, while others reported no temperature or hydrological change
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on land. The discordant observations between climate records challenged our

understanding of the connection among ocean, continents, and atmosphere.

Hence, a synthesized record that could link terrestrial to marine realms is

greatly needed. Here, I am generating two datasets of both terrestrial and

oceanic records from a core drilled in Mississippi. Carbon isotopes (δ13Cn-alk)

and hydrogen isotopes (δ13Cn-alk) of leaf wax long-chain n-alkanes are used to

reconstruct hydrological and ecological systems in the terrestrial Gulf Coast.

I also applied TEX86 paleothermometry to reconstruct surface temperature in

the Gulf of Mexico.

1.3. Effects of Mountain Uplift and Global Cooling on the Paleoclimatic and
Paleoecological Evolution in the Northern Tibetan Plateau

Post-middle Miocene climate and ecological changes in the northern Ti-

betan Plateau has been attributed to tectonic uplift and global climate change.

Whether the uplift of the Tibetan Plateau or the global cooling predominantly

drove the climatic and ecological changes has been a long-standing debate.

Paleoclimate data from the northern Tibetan Plateau and surrounding areas

show diverse climatic patterns, including (1) long-term drying event associ-

ated with global cooling after the mid-Miocene Climate Optimum (MMCO)

and (2) a dynamic climate alternating between wet and dry conditions after

the obtainment of high elevations at ca. 12 Ma. A decrease in C4 plant propo-
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tion in the northern Tibetan Plateau during the late Miocene has been corre-

lated with both tectonic uplift of Tibetan Plateau and post-middle Miocene

global cooling. To untangle the complex influence of global climate change ver-

sus the tectonism on climate in the northern Tibetan Plateau, we studied car-

bon isotopes (δ13Cn-alk) of leaf wax long-chain n-alkanes and oxygen isotopes

(δ18O) of three stratigraphic successions (ca. 16 Ma to 2 Ma) in Hexi Corridor

(foreland basin) and compare with paleoclimate records in the Qaidam Basin

(intermontane basin). We want to establish the basin-wide paleoecology and

paleoclimate records in the Hexi Corridor and understanding the linkage be-

tween climate and ecology. By comparing the paleoecology and paleoclimate

records in the foreland and intermountain basins, we will be able to differen-

tiate the basin isolation signal related to the tectonic uplift. With intra- and

inter-basinal comparisons, we will advance our understanding the relative role

tectonism and global cooling on regional climatic and ecological evolutions.
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Chapter 2. Methodology

2.1. Long-chain n-alkanes Synthesized by Terrestrial Higher-plants

Leaf epicuticular wax is a layer of cuticle coated on plants’ leaf sur-

faces that protect their leaves from external influences such as surface wet-

ting, water loss, and ultraviolet light (Eglinton and Hamilton, 1967b; Kolat-

tukudy, 1970). Leaf wax synthesized by terrestrial higher plants are composed

of mixtures of long, straight-chain normal alkanes (n-alkanes) with 21-37 car-

bon atoms (Eglinton and Hamilton, 1967b). The strong and covalent carbon-

hydrogen bonds in CH2 and CH3 groups of n-alkane compounds are barely

exchangeable under 120°C (Sessions et al., 2004; Schimmelmann et al., 2006),

making them an ideal approach in studying vegetational and hydrological his-

tories. These n-alkane compounds are characterized by odd-over-even carbon-

number predominance, also expressed as carbon preference index (CPI), for

example, with higher abundances of n-C27−33 compounds than n-C26−32 com-

pounds. The long chain n-alkanes are ubiquitously preserved in fluvial, lacus-

trine, marine and eolian sediments, where they serve as indicators of paleo-

climate and vegetation cooperate in their biosynthetic processes (Hayes, 2001;

Eglinton and Eglinton, 2008).
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2.2. Compound Specific Carbon Isotope as Paleoecological Proxy

The δ13Cn-alk values of leaf wax n-alkanes are determined by pho-

tosynthetic pathways, e.g. C3 or C4 biosynthetic pathways, carbon isotopic

composition of atmospheric CO2 and climatic factors (e.g. water supply) that

controls plant’s stomata conductance (O’Leary, 1988; Farquhar et al., 1989).

C3 plants comprise various species, including trees, shrubs and grasses, which

uptake CO2 through the most primitive biosynthetic pathways, known as

Calvin-Benson cycle. C4 plants are less abundant and are typically grasses

and sedges distributed in tropical areas. C4 photosynthesis involve Hatch-

Slack pathway which firstly produce a four-carbon acid, oxaloacetate in the

mesophyll cell that ultimately convert back to CO2 used in Calvin-Benson

cycle in the bundle-sheath cells (Slack and Hatch, 1967; Tipple and Pagani,

2007). Thrifty usage of CO2 during photosynthesis allows C4 plants adapt

better to limited pCO2, higher temperature and drier habitats than the C3

plants. Different photosynthetic pathways result in distinct isotopic compo-

sition and distribution of n-alkanes in C3 and C4 plants. δ13Cn-alk values of

C3 plant rang from -19 ‰ to -36 ‰ with peak values -34 % at n-C31, while

C4 plants on average are between -8 ‰ and -16 ‰ with maxima δ13Cn-alk-22

‰ at n-C31 (Cerling and Harris, 1999; Eglinton and Eglinton, 2008). Hence,
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these unique distribution of n-alkane δ13Cn-alk in C3 and C4 plants have been

utilized as a proxy for vegetation dominance (Ehleringer et al., 1997; Freeman

and Colarusso, 2001; Edwards et al., 2010).

2.3. Compound Specific Hydrogen Isotope as Paleohydrological Proxy

The Compound specific hydrogen isotopes of plant waxes preserved in

sediments have been suggested to archive the isotopic composition of meteo-

rological water (Fig. 2.1) (Estep and Hoering, 1980; Sachse et al., 2012). δ2H

values of water vapor and precipitation varies over time and space. Their vari-

ability can be explained by Rayleigh distillation processes during evaporation

and precipitation (Dansgaard, 1964; Craig and Gordon, 1965). When seawa-

ter evaporates, the water vapor with lighter isotope (1H2
16O) has higher vapor

pressure and evaporates faster than 1H2H16O, thus the water vapor is depleted

in heavy isotope (2H). When water vapor condenses, heavier isotope leaves

faster to form precipitation and result in rain water enriched in 2H. Environ-

mental factors control on spatial and temporal variability of precipitation δ2H

values are concluded as following:

1. Amount effect: the δ2H values is associated with amount of precipitation
in the tropical areas, where large precipitation rate leads to strong deple-
tion in 2H of rain water.

2. Temperature effect: In the continental interiors and high latitude regions
where temperature varies distinctly through the seasons, precipitation

7



δ
2H values are strongly correlated with temperature. As equilibrium iso-

topic fractionation factor (α) is determined by temperature, decrease in
temperature enlarges the fractionation of 2H between vapor and conden-
sate, and results in lower δ2H values.

3. Altitude effect: as the water vapor orographically uplifted preferentially
loss of heavier isotope (2H) impels the precipitation to lower δ2H values
along elevation

Figure 2.1. A summary of processes affecting hydrogen isotopic composition of
leaf wax n-alkanes from terrestrial plants (modified from Sachse et al., 2012).
Arrow points to the direction of 2H enrichment. ε(l/w) denotes isotopic fractiona-
tion between lipids and source water.

The major water source of terrestrial plants is soil water, which ulti-

mately comes from precipitation. Hence, isotopic composition of soil-water

largely reflects that of precipitation. The fractionation between leaf wax lipids

and precipitation water can be expressed as apparent fractionation ε(l/w). The

8



flow chart summarizes the factors control the δ2H values of leaf wax n-alkanes

by tracing the hydrogen from the water source into the organic compound

(Fig. 2.1). ε(l/w) is mainly determined by three major factors: soil water evap-

oration, xylem water transpiration and biosynthetic fractionation (Sachse et

al., 2012). Evaporation and transpiration enrich 2H, while biosynthetic frac-

tionation decrease the 2H enrichment. There is no typical fractionation occurs

during water uptake by roots, thus isotopic composition of water in roots and

stems reflect isotopic signature of water incorporated in biosynthesis (Farquhar

et al., 2007). However, the isotopic components of meteoric water or soil wa-

ter (δ2H) are different from that within plant leaf, since the environmental

water used by plant during biosynthesis are determined by a series of envi-

ronmental and physiological parameters, such as evapotranspiration of leaf.

Evaporation and transpiration enrich the heavy isotope in surface waters since

lighter isotopologs diffuse faster to the air. The transpiration rate is affected

by temperature, relative humidity, and isotopic composition of the water va-

por surrounding the leaf (Flanagan and Ehleringer, 1991; Kahmen et al., 2008).

Fractionation during biosynthetic pathways can be influenced by life-form and

photosynthetic pathway. For example, shrubs are isotopically enriched in heav-

ier isotopes than trees and forbs; δ2H of C4 monocotyledon are 15‰ heavier

9



than the C3 monocotyledon (Smith and Freeman, 2006).

2.4. Organic Lipid Extraction

All samples are grinded into small fragments and freeze dried for 48

hours before organic compound extraction. Total lipids were extracted with

Soxhlet extractor using dichloromethane (DCM)/methanol 2:1 (v/v) for 48

hours. Total lipid extracts (TLE) were evaporated with a stream of purified ni-

trogen until dry. organic compounds in TLE were separated into apolar, inter-

mediate and polar fractions using pipette column filled with ca. 0.5 grams ac-

tivated silica gel and eluted with 2 ml hexane, 4 ml DCM and 4 ml methanol

sequentially.

n-Alkanes contained in apolar fractions were re-dissolved into 1500

µL of hexane. n-Alkanes abundances were determined using a Thermal Trace

1310 Gas Chromatography (GC)-flame ionization detector (FID) fitted with a

programmable-temperature vaporization (PTV) injector and TG-1MS column

(60 m long, 0.25 mm i.d., 0.25 µm film thickness). Samples were carried by

helium at a rate of 2 ml/min. GC oven temperature was ramped from 60 °C

(holding for 1 min) to 320 °C at 15 °C/min (holding for 20 min). Individual n-

alkanes were determined by comparing the elution time with a reference stan-

dard (Mix A6, Schimmelmann, Indiana University Bloomington).
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2.5. Compound Specific Carbon and Hydrogen Isotope Analysis

Measurements of compound-specific carbon isotope values were mea-

sured by GC-combustion (C)-IRMS. Prior to the analysis, all samples are

diluted by hexane in proper concentration. GC-C-IRMS are performed with

a Thermo Trace 1310 coupled to a Thermo Delta V Advantage isotope ratio

mass spectrometer (IRMS) interfaced with GC-C combustion reactor and a

Trace Isolink interface. Compounds were separated on the GC through a

TG-5MS column (30 m long, 0.25 mm i.d., 0.25 µm film thickness) column.

Compounds were separated on the GC with a temperature programed from 60

°C (held for 2 min) to 170 °C at 14 °C/min, to 300 °C at 3 °C/min, and then to

320 °C at 14 °C/min with an isothermal holding of 5 mins.

Hydrogen isotope analysis were performed with a Trace 1310 coupled

to a Thermo Delta V Advantage isotope ratio mass spectrometer (IRMS) inter-

faced with high temperature conversion reactor and a Trace Isolink interface.

GC column and carrier flow conditions were identical to above. Compounds

were separated on the GC with a temperature program from 60 °C (held for 1

min) to 170 °C at 14 °C/min, to 300 °C at 3 °C/min, and then to 325 °C at 14

°C/min with an isothermal holding of 10 mins. H3+ factor was measured daily

before hydrogen isotopic analysis.
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2.6. Unsaturated Alkenone Analysis

The alkenone contents have been identified according to protocols of

Emiliania huxleyi and Gephyrocapsa oceanica (Volkman et al., 1980; Volkman et

al., 1995; Sawada et al., 1996). Ketone fraction was analyzed on Thermal Trace

1310 Gas Chromatography (GC)-flame ionization detector (FID) fitted with a

programmable-temperature vaporization (PTV) injector and TG-1MS column

(60 m long, 0.25 mm i.d., 0.25 µm film thickness). Samples were carried by

helium at a rate of 2 ml/min. GC oven temperature was ramped from 60 °C

(holding for 1 min) to 280 °C at 20 °C/min and then to 325 °C at 2 °C/min

with isothermal holding for 25 minutes. Relative abundances of C37:4, C37:3

and C37:2 alkenones were measured and subsequently used in the conversion

to temperature.

2.7. Glycerol Dialkyl Glycerol Tetraethers (GDGT) Analysis

TEX86 thermometry is founded on the expression of cyclopentane

moieties of archaeal membrane lipids, glycerol dialkyl glycerol tetraethers

(GDGT), primarily produced by Thaumarchaeota. The methanol fraction con-

taining GDGTs is purified through a column of activated alumina dissolved in

dichloromethane/methanol (1:1, v/v), dried under pure N2 stream, dissolved

in an azeotrope of hexane/isopropanol (99:1, v/v), filtered through 0.7 µm

12



glass microfiber filter. GDGTs were analyzed on 1290series UPLC system

that was coupled to an Agilent 6530 qTOF mass spectrometer through an

Aglient jet stream dual electrospray ionization (AJS-ESI) interface, following

the methodology of Liu et al. (2019).
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Chapter 3. Profiling Interactions Between the Westerlies and
Asian Summer Monsoons since 45 ka: Insights from Biomarker,
Isotopes, and Numerical Modeling Studies in the Qaidam Basin

3.1. Introduction

The Westerlies and the Asian summer monsoons play essential roles in

controlling the paleoclimate in Central Asia. The Qaidam Basin is situated in

a critical climate region that separates the Westerlies-influenced arid Central

Asia to the west and the Asian summer monsoons-controlled East Asia to the

east (Fig. 3.1). As one of the world’s highest and driest places with extremely

high ratios of evaporation (>3000 mm) versus precipitation (<180-220 mm)

(Tian et al., 2001; Yao et al., 2013), the Qaidam Basin potentially contributes a

significant amount of eolian dust transported by Westerlies to the down-wind

areas in the Chinese Loess Plateau (Kapp et al., 2011; Pullen et al., 2011; Lin

et al., 2020) and North Pacific (Li et al., 2011a). The unique geographical loca-

tion of the Qaidam Basin makes its hydrological changes sensitive to the rel-

ative strength of the Westerlies and Asian summer monsoons. However, the

interactions between two climate systems and the influences on the eolian dust

production in the Qaidam Basin at orbital- and millennial-scales are not well

understood.

Paleoclimate in Central Asia was thought to have alternated between

14



the warm-humid interglacial periods with the strong influence of the Asian

summer monsoons and the cold-dry glacial periods with the dominant influ-

ence from the Westerlies (An et al., 2012). This alternating climate pattern has

been manifested by the loess/paleosol sedimentary sequences from Tianshan

in Central Asia (Li et al., 2016) and on the Chinese Loess Plateau in East Asia

(Kukla and An, 1989; An et al., 1990; Porter and An, 1995). In the Qaidam

Basin, sedimentary records and modeling studies reveal that the cold-dry cli-

mate during the glacial and stadial periods results in subaerial exposure and

intensive erosion of lacustrine strata when the main axis of the Westerly jet

shifts toward the equator (Kapp et al., 2011; Pullen et al., 2011; Heermance et

al., 2013; Rohrmann et al., 2013). High eolian fluxes recorded in sedimentary

successions, ranging from Central Asia to the North Pacific, indicate strong

wind erosion associated with Westerlies (Hovan et al., 1991; An et al., 2012;

Li et al., 2016). Isotope proxy and pollen studies from the northern Tibetan

Plateau suggest that precipitation decreased during the Last Glacial Maximum

(LGM) (Wang et al., 2014; Thomas et al., 2016).

Paleoshoreline records from the Qaidam Basin, particularly freshwater

mollusks in lacustrine strata, indicate the expansion of paleo-lakes from ca.

30-40 ka to ca. 15 ka (Li and Zhu, 2001; Zhang et al., 2008). This lake expan-
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sion coincides with the interglacial temperature conditions during the late Ma-

rine Isotope Stage 3 (MIS 3), which is supported by the Guliya ice-core δ18O

record and the pollen record from the adjacent Qilian Shan (Thompson et al.,

1997; Herzschuh et al., 2006). There are disparate interpretations of the high-

stand or lake expansion through the late MIS 3. One interpretation invokes the

inland penetration of Asian summer monsoons (Shi et al., 2001). The other at-

tributes the increase of precipitation during the late MIS 3 to the strong West-

erlies circulation (Yang et al., 2004).

Previous studies using geochemical, biomarker, and isotopic proxies and

numerical simulations have provided insights into the variations of the Wester-

lies and the Asian summer monsoons and their influences on the paleohydrol-

ogy, but most studies focus on either the core area of the Westerlies to the fur-

ther west (e.g., speleothem from Kesang Cave and Ton Cave in the Tian Shan

and lacustrine records from the Lake Karakul in Pamirs, Fig. 3.1) (Cheng et

al., 2016; Aichner et al., 2019) or the Asian summer monsoons-influenced re-

gions to the east (e.g., lacustrine records from Lake Qinghai) (An et al., 2012;

Thomas et al., 2016). Despite active research that has reconstructed the pale-

oclimatic evolution in northern Tibetan Plateau during the Holocene (An et

al., 2012; Thomas et al., 2016), studies of past climate in the Qaidam Basin
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on orbital timescales (e.g., precession cycles) are not available. In this study,

we aim to resolve how and at what timescale the paleoclimate in the Qaidam

Basin responds to the relative strength of the Westerlies and the Asian summer

monsoons. We focus on the three linked questions: (i) Does the high summer

insolation period (corresponding to the Marine Isotope Stage 3) cause strong

summer monsoons with high temperatures and increased precipitation? (ii)

Does the transition from high to low summer insolation into the LGM weaken

the summer monsoons? (iii) Is the evaporation reduced during the LGM rela-

tive to the present? To answer these questions, we conduct an integrated study

using organic biomarker-proxies coupled with climate modeling to examine

the paleoclimate history in the Qaidam Basin during the last glacial period.

We apply hydrogen isotopic analysis to terrestrial higher-plant n-alkanes and

use the locally calibrated alkenone-based paleothermometry (UK
37) to lacustrine

sediments recovered from a drill core in the western Qaidam Basin. Recon-

structed paleoclimate history, along with numerical modeling studies using

Community Earth System Model (CESM) version 1.3, is compared with the

Holocene regional paleoclimatic proxy records in the Asian summer monsoons-

and Westerlies-dominated areas.
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Figure 3.1. 30 years (1981-2010) record of winter (December-January-February)
minus summer (June-July-August) precipitation (mm/day). Blue color repre-
sents greater precipitation in winter (December-January-February), while red
color indicates greater precipitation in summer (June-July-August). Data are
derived from NCEP Reanalysis provided by NOAA ESRL PSD at Colorado, Boul-
der, USA (https://www.esrl.noaa.gov/psd/data). The gray line outlines the 3000
m-contour on the Tibetan Plateau and surrounding mountain (adapted from Li
et al., 2018). The Qaidam Basin (brown outline), core site (yellow star), and the
Chinese Loess Plateau (CLP; dark blue outline) are noted. Arrows highlight the
moisture transport via the Westerlies (green), Indian summer monsoon (blue),
and East Asian summer monsoon (yellow). The black dashed line represents
the modern boundary between the Asian summer monsoons (East Asian and
Indian summer monsoons) and the Westerlies. Blue triangles are the locations
of isotope reconstruction of paleometeoric waters in the Hulu (H) (Wang et al.,
2008), Dongge (G) (Dykoski et al., 2005), Ton (T), and Kesang (KS) (Cheng et al.,
2012) caves and the Dunde Ice core (D) (Thompson et al., 1989). Green circles
denote the lakes and paleo-lakes discussed in the text: Lake Qinghai (QH) (Hou
et al., 2016), Lake Sugan (S) (He et al., 2013; Wang et al., 2013), Lake Keluke
(H) (Rao et al., 2014), Tengger Desert (T), Qarhan (Q), Zabuye (Z), Aksayqin (A)
(Yu et al., 2003), Karakul (K) (Aichner et al., 2019) and Lisan (L) (Bartov et al.,
2003). Black squares indicate the Global Network of Isotope in Precipitation
(GNIP) meteorological stations (IAEA/WMO, 2006) (numbers are correlated
with stations in Fig. S1).
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3.2. Geological Setting and Modern Climate

The Qaidam Basin is an intermontane basin at the northern margin

of Tibetan Plateau. It is bounded by the Qilian Shan fold-thrust belt to the

northeast, the Altun Shan range to the northwest, and the East Kunlun Shan

range to the south (Fig. 3.2a). The Qaidam basin is ca. 700 km in length

with a maximum width of about 300 km, occupying ∼ 120,000 km2 with

a mean elevation of 2700 m (Chen and Bowler, 1986). The geomorphology

of the Qaidam Basin is characterized by widespread eolian features, includ-

ing migrating dunes, deflecting pans, and mega-yardangs, due to extremely

arid climate and severe wind erosion (Goudie, 2007). The lake system in the

modern Qaidam Basin comprises more than 20 discrete salt lakes and playas,

occupying a quarter of the total basin area (Chen and Bowler, 1986).

In the Qaidam Basin, more than 90 % of the annual rainfall occurs dur-

ing spring and summer seasons (Tian et al., 2001), with the average temper-

atures for January and July and the mean annual temperature being -12, 16,

and 2 °C, respectively (Zhang et al., 2008) (Fig. 3.2b). Water vapor is trans-

ported mainly by Westerlies with a substantial amount coming from local re-

cycling (Bershaw et al., 2012; Li and Garzione, 2017); moisture from the Asian

summer monsoons reaches the eastern part of the basin (Araguás-Araguás et
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al., 1998; Tian et al., 2001; Yao et al., 2012; Caves et al., 2015). We use HYbrid

Single-Particle Lagrangian Integrated Trajectory Model (HYSPLIT) to track the

air masses of the study area in the western Qaidam Basin and a selected site

in the eastern Qaidam Basin, respectively. The modeled air masses indicate

that the eastern Qaidam Basin receives moisture from Asian summer mon-

soons during summer and from the Westerlies for other seasons. The western

Qaidam Basin is influenced by Westerlies all year round (Fig. 3.2c).
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Figure 3.2. (a) Topographic map of northern Tibetan Plateau showing the cor-
ing site (star, this study) in the Qaidam Basin and locations of the Lake Sugan
(Wang et al., 2013) and Lake Keluke (Rao et al., 2014) discussed in the text. (b)
Meteorological data from Tibetan Network of Isotopes in Precipitation (TNIP)
at the Delingha station (monthly mean precipitation amount, column; monthly
mean temperature, diamond; monthly mean hydrogen isotope (δ2H) values of
precipitation, square) (Yao et al., 2013). (c) HYbrid Single-Particle Lagrangian
Integrated Trajectory Model (HYSPLIT) trajectories for summer, fall, winter, and
spring air masses 72 hours before the arrival at the core site and a site (black
star) in the eastern Qaidam Basin. The HYSPLIT model is based on NCEP Re-
analysis data from 2018 to 2019 (https://www.arl.noaa.gov/hysplit). The TNIP
station in Delingha (square) and lakes (circles) in the northern Tibetan Plateau
discussed in the text are noted.
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3.3. Materials and Methods

Sediment samples are obtained from a 42-meter-long core in the west-

ern Qaidam Basin (38°4’N, 93°0’E, 2754 m above sea level; Figs. 3.1 and 3.2).

The core is composed of the late Pleistocene lacustrine sediments, which is

overlain by Holocene evaporites. Sediments consist of primarily unconsoli-

dated clay and silt, with sparse interbedded gypsum and halite. We recon-

struct the paleohydrology of the Qaidam Basin by studying the compound-

specific hydrogen isotopes of long-chain n-alkanes (δ2Hn-alk) with 29 and 31

carbon atoms (n-C29 and n-C31) derived from terrestrial higher plants (Eglin-

ton and Hamilton, 1967a). δ2Hn-alk reflects the change in precipitation δ2H and

has been increasingly used in paleohydrology studies (Sachse et al., 2012). We

compare the new isotope data with the Holocene records from Lake Keluke

(Rao et al., 2014) and Lake Sugan (Wang et al., 2013) in the same basin to un-

derstand the temporal and spatial variations of climate. The relative input of

aquatic versus terrestrial organic materials is evaluated by the biomarker proxy

Paq (Ficken et al., 2000) that provides ancillary information on the depositional

facies associated with expansion and shrink of lake volume. Lake surface tem-

peratures are reconstructed by the alkenone-unsaturation index (UK
37) (Brassell

et al., 1986; Prahl and Wakeham, 1987; Schouten et al., 2002) — a tempera-
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ture proxy that has been used for estimating temperature variation of the Lake

Qinghai during the Holocene (Hou et al., 2016). The CESM 1.3 climate mod-

els are used to examine the differences between the pre-industrial period and

the LGM in precipitation, evaporation, and surface runoff during summer, in

which the major rainfall occurs.

3.3.1. Radiocarbon Dating

Eight fine-grained clays were selected at specific depths and analyzed

for 14C ages (Fig. 3.3). Bulk sediments were analyzed for 14C ages by acceler-

ator mass spectrometry (AMS) at Beta Analytic Testing Laboratory. Sediments

were grounded and sieved to <180 microns, and then treated with HCl acid

to remove inorganic carbon before the analysis. A major issue in radiocarbon

dating is the reservoir effect that introduces inherited age and residence age

(Hendy and Hall, 2006). The inherited age can derive from the input of old

carbon by river water that carries dissolved carbonate from the drainage sys-

tem, while the residence age is caused by a delay in CO2 exchange rates be-

tween the atmosphere and lake bottom water. A review paper on the reser-

voir effect on the Tibetan Plateau reveals that reservoir ages vary spatially

and temporally over the Tibetan Plateau (Hou et al., 2012). The standard ap-

proach to derive the reservoir age is to compare the 14C ages of modern in-situ
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carbon (e.g., extant plant materials and organic matter of surface sediments)

and/or the coexistent plant remains with measured 14C ages. The overlying

Holocene succession in the core site is eroded due to subaerial exposure, and

thus the reservoir age cannot be obtained with modern lake surface sediments.

We hence use the reservoir age derived from the adjacent Lake Sugan in the

western Qaidam Basin (Fig. 3.1) to calibrate our sample ages. The reservoir age

of Lake Sugan is estimated to 2627 years that is determined by the age differ-

ence between varve based ages and coexisting plants (Zhou et al., 2009). The

varve-based ages are determined by the number of dark and light laminae cou-

plets that characterize the seasonal variation of limnological conditions (Zhou

et al., 2007). We subtract the reservoir age from the measured 14C ages to de-

rive the reservoir-corrected 14C ages that are subsequently calibrated by Calib

7.0.4 software (Fig. 3.3).

3.3.2. Lipid Extraction

Total lipids were extracted with Soxhlet extractor using the azeotrope

of dichloromethane/methanol (DCM/MeOH; 2:1 v/v) for 48 hours. The lipid

extracts were evaporated under a stream of pure nitrogen until dry. Organic

compounds in total lipid extracts were separated into apolar, intermediate, and

polar fractions using a pipette column filled with ca. 0.5 grams of activated
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Figure 3.3. The lithostratigraphic column and the chronology of the core in the
western Qaidam Basin. The age model is constructed by applying the 3rd order-
polynomial correlation of 8 radiocarbon ages with the corresponding depth.
Samples are analyzed for leaf wax hydrogen isotopes and UK

37 temperatures
(diamond) and 14C ages (circles).
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silica gel and eluted with 2 ml hexane, 4 ml DCM and 4 ml methanol sequen-

tially.

n-Alkanes contained in the apolar fractions were re-dissolved into 1500

µL of hexane and n-alkane abundances are determined using a Thermal Trace

1310 Gas chromatography (GC)-flame ionization detector (FID) fitted with

programmable-temperature vaporization (PTV) injector and TG-1MS column

(60 m long, 0.25 mm i.d., 0.25 µm film thickness). Samples were carried by

helium at a rate of 2 ml/min. GC oven temperature is ramped from 60 °C

(holding for 1 min) to 320 °C at a rate of 15 °C/min (holding for 20 min). In-

dividual n-alkanes were identified by comparing the elution time with a refer-

ence standard (Mix A6, Schimmelmann, Indiana University Bloomington).

The carbon preference index (CPI) of n-alkanes are determined using

the equation:

CPI =
1
2

∑
A(23 + 25 + 27 + 29 + 31 + 33) +

∑
A(25 + 27 + 29 + 31 + 33 + 35)∑

A(24 + 26 + 28 + 30 + 32 + 34)
(3.1)

Where A in the above equation stands for the areas of the individual n-alkanes

that are estimated by using the software Xcalibur for chromatography analysis.

The numbers 23 – 35 represent the chain length of n-alkanes.

The n-alkane distributions of terrestrial higher plants are maximized at
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n-C29 and n-C31, while submerged/floating plants are predominant by n-C23

and n-C25. Paq index is defined by the relative proportion of mid-chain (n-C23

and n-C25) to long-chain n-alkanes (n-C29 and n-C31) homologs (Ficken et al.,

2000):

Paq =
A(23 + 25)

A(23 + 25 + 29 + 31)
(3.2)

Where A is identical to that in the equation for CPI, and the numbers indicate

the chain length of odd-numbered n-alkanes.

3.3.3. Compound-Specific Hydrogen Isotope Analysis

Compound-specific hydrogen isotopes were measured using a Trace Gas

chromatography (GC) 1310 coupled to a Thermo Delta V Advantage isotope

ratio mass spectrometer (IRMS) interfaced with a Thermo Isolink interface.

The GC column and carrier gas flow rate were identical to the GC-FID con-

ditions. Compounds were separated on the GC with the temperature being

programmed from 60 °C (held for 1 min) to 170 °C at 14 °C/min, to 300 °C

at 3 °C/min, and then to 325 °C at 14 °C/min with an isothermal holding of

10 mins. H+
3 factor was measured daily before isotopic analysis, with an aver-

age of 8.5 ppm (n = 3). Samples were analyzed in duplicate with a mean an-

alytical precision of 1.5 ‰. Hydrogen isotope ratio values were determined

27



relative to the reference gas, calibrated against Mix A6 (n-C16 to n-C30; Arndt

Schimmelmann, Indiana University), and reported relative to VSMOW with

two standard errors using the equation:

δ2H = (
Rsample

Rstandard − 1
)× 1000 (3.3)

Where R stands for the 2H/H ratios of samples and reference materials. The

δ
2Hn-alk values are reported to Vienna Standard Mean Ocean Water (VSMOW)

and expressed in per mil (‰).

We focus discussions on the weighted mean δ2Hn-alk values of n-C29 and

n-C31, which is calculated using the equation:

δ2Hn-alk =
∑

Ai × δ2Hi∑
Ai

(3.4)

Where A stands for the areas of individual n-alkanes, and i (29 and 31) indi-

cates carbon-chain-lengths.

3.3.4. Alkenone Analysis

The solvent fraction containing alkenones was analyzed on Thermal

Trace 1310 Gas chromatography (GC)-flame ionization detector (FID) fitted

with programmable-temperature vaporization (PTV) injector using a TG-1MS

column (60 m long, 0.25 mm i.d., 0.25 µm film thickness) and a helium flow
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rate of 2 ml/min. The GC oven temperature was ramped from 60 °C (hold-

ing for 1 min) to 280 °C at 20 °C/min and then to 325 °C at 2 °C/min with

isothermal holding for 25 minutes. C37:4, C37:3, and C37:2 methyl alkenones

display typical peak clusters that can be identified by the identical retention

time to the internal laboratory reference sample on GC-FID. Typical samples

were analyzed on Gas chromatography-mass spectrometry (GC-MS) at MIT to

confirm the identification of alkenones. On GC-MS, alkenones are identified

by the major ion fragment of m/z 81, and molecular ions of m/z 530.5, 528.5,

and 526.5 for C37:2, C37:3, and C37:4, respectively. The GC retention time and

mass spectrum of the representative sample (ZK1405-3-4) are shown in Fig.

S2. Relative abundances of C37:4, C37:3, and C37:2 alkenones were calculated

using integrated areas determined through the Xcalibur software. Alkenone

unsaturation indices (UK
37) were determined by the equation (Prahl and Wake-

ham, 1987):

UK
37 =

C37:2 −C37:4

C37:2 + C37:3 + C37:4
(3.5)

The conversion of UK
37 to temperature is based on calibration using

modern lake surface sediments in the Tibetan Plateau that constructs a rela-

tionship between UK
37 and summer lake surface temperature (Wang and Liu,
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2012; Hou et al., 2016):

T = 17.571×UK
37 + 20.849 (R2 = 0.8059,n = 26) (3.6)

We apply this relationship to convert our UK
37 data to lake temperature.

3.3.5. Climate Simulation during the LGM

We use the Community Earth System Model (CESM) version 1.3 to ex-

amine changes in precipitation, evaporation, runoff, and effective precipitation

during the LGM relative to pre-industrial (PI) levels in summer. Effective pre-

cipitation is expressed as the following equation:

Pe = Pt −E−R (3.7)

Where Pe represents effective precipitation, which equals total precipitation

(Pt) minus evaporation (E) and runoff (R) (Oleson et al., 2010). Models include

the coupler, and active atmosphere, land, ocean, and ice components. We ex-

amine two fully coupled experiments, each representing the simulated climate

in the PI and the LGM, to further test changes in precipitation, evaporation,

runoff, and effective precipitation during the summer of the LGM (21 ka) rela-

tive to the PI. The PI simulation is performed by Zhu et al. (2017), and all cli-

matic forcing for the PI is fixed at values from A.D. 1850. The LGM is an ex-
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tension of the simulation in Zhu et al. (2017), and the results of this extended

LGM experiment is recently reported in (Tierney et al., 2019). Boundary con-

ditions of the LGM, including greenhouse gases (GHGs), orbital parameters,

and ice sheets, follow the PMIP4 protocol (Kageyama et al., 2017). Specifically,

CO2, CH4, and N2O are set to 190 ppm, 375 ppb, and 200 ppb in simulations,

respectively. The ICE-6G reconstruction 6G (Peltier et al., 2015) is used for the

ice sheet, and the associated changes in surface elevation, albedo, and land-

ocean distribution are derived from the ICE-6G reconstruction. This LGM sim-

ulation well captures the global cooling estimated from proxy data synthesis

(Tierney et al., 2019).

3.4. Results and Discussions

3.4.1. 14C Ages of the Qaidam Core

We obtained eight radiocarbon ages from bulk sediments. The chronol-

ogy of eight radiocarbon dating ages is best modeled with the 3rd order poly-

nomial curve that is extrapolated to derive the youngest (ZK1405-2-1; 10,878

yrs) and oldest (ZK1405-44-24; 45,648 yrs) ages. Ages for samples between

dating points are derived from interpolation. The established chronology en-

ables us to interpret biomarker and isotope proxy records on the millennial

time scale.
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3.4.2. Lake Temperature Reconstructions

The evolution trend of lake temperatures (Fig. 3.4a) broadly follows

the Northern Hemisphere summer insolation, with high (low) temperatures

corresponding to high (low) summer insolation (Fig. 3.4c). The lake tempera-

tures are warm at 45-39 ka and 37-33 ka (Fig. 3.4a), which are similar to the

temperatures in the Lake Qinghai during the early Holocene (9-5 ka) and the

late Holocene (since ca. 3 ka) (Hou et al., 2016). Our lake temperature recon-

structions agree with the pollen records in the Qilian Shan that suggest an in-

terglacial temperature condition with the higher tree line during the MIS 3

(Herzschuh et al., 2006). Low temperatures during 39-37 ka coincide with the

Heinrich 4 (H4) event that occurs at ∼ 38 ka in the Greenland ice core record

(Hemming, 2004). The lake temperatures decrease and reach the second low

stage during 21-19 ka, which is within the duration of global LGM (26.5-18

ka) (Mix et al., 2001; Clark et al., 2009); the average lake temperature is lower

than the early Holocene Climate Optimum (9-5 ka) by > 6 °C (Fig. 3.4a). Lake

temperatures increase after the LGM, which is synchronous with Northern

Hemisphere warming (Shakun et al., 2012) and interrupted by another signifi-

cant cooling during the Younger Dryas (YD) at ca. 13 ka (Alley, 2000).
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3.4.3. Distribution of n-Alkanes

The n-alkanes (from n-C23 to n-C35) preserved within the sediment core

have CPI values ranging from 1 to 12.8, with a mean of ∼3.7 (Supplementary

Table), indicating the least possibility of thermal alteration after deposition

(Eglinton and Hamilton, 1967a). In addition, sediments have never been sig-

nificantly buried or heated. The Paq values the proxy measuring the inputs

of submerged/floating aquatic macrophytes relative to emergent and terres-

trial species (Ficken et al., 2000) - vary from 0.05 to 0.63 with a mean value of

∼0.39.

3.4.4. Paleohydrology Reconstructions

δ
2Hn-alk values during the last glacial period are generally lower than

the late Holocene values from the Lake Sugan (Wang et al., 2013), except the

three excursions with high isotopic values (Fig. 3.4b). The δ2Hn-alk values vary

between -181 ‰ and -199 ‰ at 45-39 ka, followed by a positive shift with the

highest value of -167 ‰ at 37 ka. After the excursion, the δ2Hn-alk values shift

to a low value of -192 ‰ at 35 ka. The low δ2Hn-alk values persist until the

second excursion occurs at 22 ka with the highest δ2Hn-alk value (-152 ‰) for

the whole time series. The δ2Hn-alk values shift from –152 ‰ at 22 ka to -204

‰ at 20 ka and gradually increase until the end of the last glacial period.
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Figure 3.4. UK
37 temperatures and δ2Hn-alk records since 45 ka. (a) The alkenone-

based UK
37 temperature records for the core between ca. 45 ka and 11 ka (black

line; this study) and the Lake Qinghai in Holocene (gray line; Hou et al., 2016).
(b) The weighted-mean n-alkane hydrogen (δ2Hn-alk) isotope records of n-C29
and n-C31 from the core (diamonds; this study); δ2Hn-alk record from Lake
Keluke during the Holocene (gray line; Rao et al., 2014). The dashed line rep-
resents the mean δ2Hn-alk value from a 1700-year-long record of δ2Hn-alk for Lake
Sugan (Wang et al., 2013). (c) June insolation at 30 °N (Berger, 1978). Shaded
bars show the intervals of LGM and late MIS 3. Black triangles along the hori-
zontal axis represent 14C ages used for the age model of the Qaidam core.
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3.4.5. Removal of Temperature Effect from δ2Hn-alk

Variation of modern precipitation δ2H values in arid central Asia, in-

cluding the Qaidam Basin, are driven predominantly by temperature (Araguas-

Araguas et al., 1998) (Fig. 1 and S1). Colder regional temperatures result in

2H-depleted precipitations (hence low δ2H values) due to the larger isotopic

fractionation effect. However, low δ2Hn-alk values during the MIS 3 and the

deglaciation are unlikely to be the result of high lake temperatures, as indi-

cated by the UK
37 record (Fig. 4a). To investigate the non-thermal factors on the

hydrogen isotopic compositions, we first remove the effect of temperature on

the δ2Hn-alk record by subtracting the 2H depletion and enrichment induced

by temperature variations. The adjusted δ2Hn-alk values are represented by

δ
2Hn-alk-T, reflecting the change of moisture source and water balance between

precipitation and evaporation. To apply a reasonable comparison between hy-

drological conditions during the last glacial period and the Holocene, we use

the same strategy to remove the temperature effect on the Holocene record of

Lake Keluke (also called Lake Hurleg) in the eastern Qaidam Basin (Fig. 4b).

The late Holocene alkenone based UK
37 temperatures from Lake Qinghai (Hou

et al., 2016) are considered feasible to imply the contemporary temperature in

the Qaidam Basin, as the annual temperatures of the Lake Qinghai (0.1°C) (An
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et al., 2012) is close to that of the Qaidam Basin (2°C) at present (Yao et al.,

2013). The detail procedures to remove the temperature effect are as follows:

1. We calculate the temperature differences (∆T) for samples of the Qaidam
Basin during the last glacial period relative to the latest Holocene temper-
ature (18°C) of the Lake Qinghai (Hou et al., 2016).

2. δ2Hp-δ18O relationship from the meteorological station at Delingha is
used to obtain the δ2Hp-temperature relationship. The slope of the δ18O-
temperature relationship is 0.65‰/°C, and the slope of the local mete-
oric water line is 6.8 (Tian et al., 2003). The calculated slope of the δ2Hp-
temperature is 4.4 ‰/°C. The ∆ T calculated in step (1) is then converted
to the difference in δ2Hp.

3. The relationship between δ2Hp and δ2Hn-alk is expressed by the equation:

εn−alk/p = δ2Hn-alk+1
δ2Hp+1 − 1. εn−alk/p is defined as the apparent fractionation

factor (Polissar et al., 2009). Regional compilations on the apparent frac-
tionation across the Tibetan Plateau show εn−alk/p is invariant despite
significant changes in climate and ecology across the plateau (Zhuang
et al., 2014; Zhang et al., 2017). We use the εn−alk/p values of -102 ‰
in the Qaidam Basin (Zhuang et al., 2014) to convert the temperature-
dependent difference in δ2Hp (∆ δ2Hp) to that difference in δ2Hn-alk (∆
δ

2Hn-alk).

4. For comparison, we process the δ2Hn-alk record of Lake Keluke and Lake
Sugan in the same way (Fig. 3.6b).

The temperature-corrected δ2Hn-alk-T record of the Qaidam core shows

the larger amplitude and different structure of the isotope pattern as compared

to the uncorrected δ2Hn-alk record. This suggests a strong temperature control

on terrestrial biomarker δ2Hn-alk values in this area. The removal of temper-

ature effect shifts δ2Hn-alk-T values to more negative values between 30-37 ka
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with a minimum value of -203 ‰, while producing more positive values be-

tween 11-30 ka with a maximum value of -135 ‰ (Fig. 3.6b). After remov-

ing the temperature effect, our discussions focus on the temperature-corrected

δ
2Hn-alk-T records for understanding the evolution of moisture source and pre-

cipitation/evaporation balance.

δ
2Hn-alk-T values vary in a wide range of ∼70 ‰, reflecting dramatic

changes in hydrology during the last glacial period. Data shows low values

during the late MIS 3 and the deglaciation (20-11 ka), and high values during

the LGM (27-18 ka) (Fig. 3.6b). The extreme aridity in the three short periods

(39-37 ka, 22-21 ka, and 13-11 ka) is inferred by the positive excursions, cor-

responding to the H4, H2, and YD, respectively. The H1 and H3 events are not

prominent as the YD, H2, and H4 in the new isotopic record.
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Figure 3.5. Regional paleoclimatic records since 45 ka. (a) The insolation at 30°N
in June (Berger, 1978). (b) Calculated δ2Hn-alk-T values corrected for tempera-
ture effect on precipitation δ2H for core samples in the western Qaidam Basin
(diamonds; this study) and the Lake Keluke in the eastern Qaidam Basin (gray
line) (Rao et al., 2014). The dashed line represents mean δ2Hn-alk-T values from
Lake Sugan (Wang et al., 2013). (c) The UK

37-based temperatures for the core
(black line; this study) between 45 ka and 11 ka and the Lake Qinghai in the
Holocene (gray line; Hou et al., 2016). (d) Submerged aquatic macrophyte ver-
sus terrestrial higher plants (Paq) ratio for the study core. (e) Speleothem δ18O
records from the Dongge (gray line; Dykoski et al., 2005) and Hulu caves (black
line; Wang et al., 2008). (f) Grain-size data from eolian deposits on the Chinese
Loess Plateau (Rao et al., 2013). Gray bars denote the Younger Dryas (YD) and
Heinrich events (H1 to H4).
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3.4.6. Strong Asian Summer Monsoons During the Late MIS 3

New δ2Hn-alk-T values and UK
37-based lake temperatures co-vary with

the summer insolation during the last glacial period. Low isotopic values and

warm temperatures occur during the high summer isolation period, while the

high isotopic values and cold temperatures occur during the low summer in-

solation period (Figs. 5a, b, and c). Speleothem δ18O records from Dongge and

Hulu caves in East Asia show similar isotopic patterns, with low precipitation

δ
18O values corresponding to enhanced rainfall during high summer insolation

and high δ18O values corresponding to reduced rainfall during low summer

insolation (Fig. 3.6e) (Dykoski et al., 2005; Wang et al., 2008). The intensity

of the Asian summer monsoons is primarily controlled by land-ocean ther-

mal contrast, latent heating over the Tibetan Plateau, and equatorial Pacific

sea surface temperature at both the millennial and precessional scale (Web-

ster et al., 1998; Molnar et al., 2010; Wu et al., 2012; Caley et al., 2014). Plant

wax δ2Hn-alk records (Thomas et al., 2016; Hou et al., 2017) and ostracod δ18O

record (Chen et al., 2016) from the Lake Qinghai indicate the Asian summer

monsoons are strong during the early Holocene when summer insolation is

high. Our new δ2Hn-alk-T records from the drill core during the late MIS 3 (30-

45 ka), except for the H4 event (Fig. 3.6b), have similar isotopic values to that
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of Lake Keluke during the early Holocene (Rao et al., 2014). Given that the

Qaidam Basin lies on the boundary between the Westerlies and the Asian sum-

mer monsoons, we argue that the strong Asian summer monsoons that are

driven by precessional forcing penetrate further into Central Asia during the

warm late MIS 3, resulting in increased precipitation and lower δ2Hn-alk-T val-

ues are demonstrated in the Qaidam core.

The isotopic records from Central Asia support our interpretation of

enhanced northward penetration of Asian summer monsoon moisture associ-

ated with migration of the climatic boundary into the Asian interior during

the MIS 3. Speleothem δ18O records from the Ton cave and Kesang cave in the

area of the present Westerlies area further to the west of our study area (Fig.

1) show the cyclic incursions of Asian summer monsoons into Central Asia

since ca. 500 ka (Cheng et al., 2012). Leaf wax δ2Hn-alk record from the Pamirs

in the southwestern border of the Westerlies-influencing region reveals a simi-

lar pattern during the early Holocene when summer insolation is high and the

strong Asian summer monsoons penetrate deep into Central Asia (Aichner et

al., 2019).

Low δ2Hn-alk-T values are concurrent with peak Paq ratios between 30 ka

and 37 ka. (Fig. 3.6d). The high Paq values could result from either an increase
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of aquatic macrophytes and/or a decrease of terrestrial plant input. Paleo-

shoreline records from the Tibetan Plateau and adjacent desert regions show

that the paleo-lakes (Fig. 1) expanded ∼40-30 ka with lake levels 30 to 280 m

higher than the present (Chen and Bowler, 1986; Zhang et al., 2008). Given

that the terrestrial plants have expanded during the MIS 3 in the northern Ti-

betan Plateau (Herzschuh et al., 2006), we suggest that the variations of Paq

values reflect the changes in local hydrological conditions, which results in a

substantial increase in the proportion of biomarkers produced by the aquatic

plants relative to the terrestrial plants and preserved in the sediment core.

High Paq values at ca. 37-30 ka are likely to reflect a shift in the paleohydro-

logical condition of paleolake from shallow and proximal to the deep and dis-

tal lacustrine environment, accompanied by enhanced lake production during

the strong Asian summer monsoon period.

Previous results are interpreted to show that the wet climate during

the late MIS 3 in northwestern China is linked with the increasing Wester-

lies circulation during the glacial period (Yang et al., 2004). The Westerlies

wind index of grain-size data from Tianshan and Chinese Loess Plateau along

the Westerlies route supports the argument that the strength of Westerlies

during MIS 3 is higher than the present but weaker than the LGM (Fig. 3.6f)
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(Sun et al., 2012; Rao et al., 2013; Li et al., 2016). However, in the Westerlies-

controlled Mediterranean region, the lake levels during the MIS 3 is lower

than the LGM due to the weaker Westerlies storm track (Bartov et al., 2003;

Torfstein et al., 2013). Our low δ2Hn-alk-T values suggest that the late MIS 3 is

wetter than the LGM, which is different from hydrologic patterns in the core

area of the Westerlies-influenced region. Hence, we infer that the warm-wet

paleoclimate is associated with intensified Asian summer monsoons rather

than the Westerlies.

3.4.7. High Effective Precipitation and Reduced Evaporation during the LGM

δ
2Hn-alk values increase from the end of MIS 3 to the LGM (Fig. 3.6b).

We interpret that increasing δ2Hn-alk values indicate that the climate becomes

drier as the Asian summer monsoons retreat from Central Asia when summer

insolation declines. As a result, the Westerlies advance and act as the primary

moisture source to the Qaidam Basin during the LGM. A southward exten-

sion of the ice sheet in the Northern Hemisphere during the LGM potentially

enlarges the meridional thermal gradient and strengthens the mid-latitude

Westerlies (COHMAP members, 1988; Toggweiler and Russell, 2008; Sun et

al., 2012; Wang et al., 2018). Grain-size analysis and hydrology reconstruction

of lacustrine sediments from the northeastern Tibetan Plateau supports cold
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and dry climate associated with the enhanced Westerlies during the LGM (An

et al., 2012; Wang et al., 2014; Thomas et al., 2016). Pollen records also show

an increase in the components of cold- and arid-tolerant plants, represented

by alpine desert and alpine sparse during the LGM in the nearby Qilian Shan

(Herzschuh et al., 2006).

During the LGM, δ2Hn-alk-T values of the Qaidam core are lower than

that of the Lake Sugan (Fig. 3.6b), implying a less arid climate. The δ2Hn-alk-T

values are comparable to that of Lake Keluke since the late Holocene, indicat-

ing that the LGM hydrological condition in the Western Qaidam is similar to

that in the eastern part at present. Our climate simulations of the LGM shows

that the summer precipitation decreases in the western Qaidam Basin by 0.25-

0.5 mm/day than the PI (Fig. 6a). The modeled evaporation is also reduced

during the LGM relative to the PI, likely resulting from low temperatures due

to minimal summer insolation (Fig. 6b) (Allen et al., 1998). The runoff also

declines during the LGM, reflecting a reduction in soil water infiltration and

recharge (Fig. 6c). The reduction in evaporation and runoff surpasses that in

precipitation, leading to an increase in effective precipitation (Pe) during the

LGM relative to the PI (Fig. 6d). Recent isotope proxy data and climate simu-

lation result from the Pamirs also highlight the importance of decreased sum-
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Figure 3.6. Numerical modeling results plotted on the Hovmoller diagrams
for precipitation (a), evaporation (b), runoff (c), and effective precipitation (Pe;
calculated from equation 7) (d) during summer. Model results for precipita-
tion include both liquid (rain) and solid (snow). The yellow star indicates the
Qaidam Basin. Units: mm/day.

mer evaporation in triggering the lake transgression during the last glacial pe-

riod (Aichner et al., 2019). The climate simulation results support our inter-

pretation of δ2Hn-alk-T records that an overall cold-arid climate but wetter than

the present during the LGM.

3.4.8. Short-period Aridity during Extreme Cold Events

Three pronounced positive δ2Hn-alk excursions and the cold UK
37 tem-

peratures during YD, H2, and H4 events indicate millennial-scale pulses of

aridity (Fig. 5). Proxy records and climate models suggest that the freshwa-

ter discharge from the Laurentide ice sheet during the Heinrich stadials slows
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down the Atlantic meridional overturning circulation and reduces the north-

ward ocean heat transport, which cools the Northern Hemisphere (Bond et al.,

1997; Kageyama et al., 2010; Sun et al., 2012; Henry et al., 2016). The change

in Atlantic circulation drives the short period of aridity in both the Westerlies-

and the monsoons-areas. For example, the shoreline record of paleo-lake Lisan

in the eastern Mediterranean region shows the general high lake level during

the LGM was interrupted by drought phases during the Heinrich events, which

results from a short-period shutdown of Mediterranean storm due to the cooler

ocean temperature (Bartov et al., 2003; Torfstein et al., 2013). Pollen records

from the Yili basin in Central Asia suggest an arid climate during the YD asso-

ciated with cooling in the North Atlantic surface temperature (Li et al., 2011b).

In East Asia, climate models indicate that cooling in the North Atlantic shifts

the intertropical convergence zone southward and weakens the summer mon-

soons (Zhang and Delworth, 2005; Sun et al., 2012), which agrees with the

speleothem and loess/paleosol records (Dykoski et al., 2005; Wang et al., 2008;

Rao et al., 2013).

3.5. Conclusions

New biomarker and isotope proxy studies show that the paleohydrology

and lake temperatures in the Qaidam Basin vary in response to precessional
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forcing during 45-11 ka. A new δ2Hn-alk-T record shares similar characteris-

tics to the isotopic signatures from Asian summer monsoon-influenced regions,

with the lower δ2Hn-alk-T values and enhanced precipitation during high sum-

mer insolation. We suggest that the enhanced northward penetration of Asia

summer monsoon moisture produced a wetter climate during the late MIS 3

(45-39 ka and 37-33 ka) with the climate boundary between the Westerlies and

the Asian summer monsoons penetrating further into Central Asia under high

summer insolation. A cold-arid climate dominates the region during the LGM

when the Asian summer monsoons retreat, but with a substantial reduction

in evaporation and surface runoff. We ascribe this to the unique location of

the Qaidam Basin that links the Westerlies and Asian summer monsoons in

the Northern Hemisphere. The two atmospheric systems alternately control

the climate in the Qaidam Basin as a result of their relative strength. Extreme

aridity is induced by the interruption of moisture transport from the Wester-

lies and Asian summer monsoons during the North Atlantic events. New iso-

tope and temperature data support the cold-dry climate in glacial/stadial pe-

riods and warm-wet climate in interglacial/interstadial periods. These new re-

sults provide evidence that the paleo-lake may expand during the LGM due in

large part to the effect of reduced evaporation.
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Chapter 4. Hemispherical Temperature Asymmetry Shifting the
Atlantic ITCZ Northward During the Eocene-Oligocene
Transition

4.1. Introduction

The abrupt shift in the global climate at the Eocene-Oligocene (E-O)

boundary marks a transition from ice-free “greenhouse” conditions to glacial

“icehouse” conditions. The Eocene-Oligocene Transition (EOT) (∼34.1–33.6

Ma) is characterized by the reduction in atmospheric pCO2 (Pearson et al.,

2009; Pagani et al., 2011), the onset of continental-scale Antarctic glaciation

(Coxall et al., 2005), cooling in high-latitude (Liu et al., 2009), and massive

biotic extinctions and evolutionary turnover (Wade and Pearson, 2008). Cli-

mate simulation and proxy studies have proposed that the decrease in pCO2

and opening of Southern Ocean gateways have triggered feedback among con-

tinental weathering, reorganization in ocean structure and circulation, and

Antarctic glaciation (DeConto et al., 2008; Lear et al., 2008; Pearson et al.,

2009; Elsworth et al., 2017).

Although there is a consensus indicating global cooling from the late

Eocene to the early Oligocene time, the magnitude and timing of cooling ap-

pear different between the two hemispheres. Sea surface temperature (SST)

decreases more substantially at higher-latitudes relative to low-latitudes (Liu
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et al., 2009; Wade et al., 2012). The Northern Hemisphere SSTs do not de-

crease until the onset of the Early Oligocene Glacial Maximum (EOGM) but

is cooling delayed in the Southern Hemisphere during the EOT (Cramer et

al., 2009; Liu et al., 2018). This interhemispherical asymmetry in tempera-

tures has been linked to changes in ocean circulation due to Antarctic glacia-

tion and deepening of ocean gateways (Goldner et al., 2014; Abelson and Erez,

2017; Elsworth et al., 2017). A coupled ocean-atmosphere model hypothesis

is that the growth of the Antarctic ice sheet during the EOT has increased

meridional temperature gradients in the ocean and atmosphere, which then

enhances the northward heat transport in Antarctic intermediate water and

invigorates the formation of Atlantic deep water (Goldner et al., 2014). As in-

creasing evidence on the timing of North Atlantic deep water (NADW) forma-

tion, benthic foraminifera δ18O and δ13C records from North Atlantic indicate

that the export of northern component water (precursor to the NADW) pre-

cedes Antarctic glaciation by ca. 1 Ma (Coxall et al., 2018). This observation

is supported by model simulations that posit an invigorated modern-like At-

lantic Meridional Overturning Circulation (AMOC) associated with the deep-

ening of Drake Passage in the late Eocene (Elsworth et al., 2017). The incep-

tion of AMOC enhances precipitation at low-latitudes on continents, trigger-
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ing positive feedback between continental weathering and drawdown of pCO2

(Elsworth et al., 2017). Climate model and proxy data have built up a linkage

among change in ocean circulation, low-latitude precipitation, weathering pro-

cesses, and consumption of atmospheric CO2. However, proxy data that char-

acterize the AMOC effect across the EOT in tropical-subtropical regions are

lacking.

The Gulf of Mexico (GoM) is part of the Western Hemisphere warm

pool, by which ocean heat transport impacts the hydrological conditions in

subtropical coastal regions (Wang and Enfield, 2001). Multi-proxy studies

show a ∼3°C cooling within the GoM during the late Eocene and a signifi-

cant sea-level fall of ∼80 m during the EOGM (Katz et al., 2008; Miller et

al., 2008; Wade et al., 2012). However, pollen records from the Gulf Coast

region suggest a gradual cooling and drying from late Eocene to the early

Oligocene time, with no significant change in hydrology or ecology near the

E-O boundary (Oboh-Ikuenobe and Jaramillo, 2003). Coastal regions tend to

present a stronger climatic response that mimics the change in the marine

realm due to its proximity to the marine moisture source (e.g., Hampshire

Basin in the UK; Sheldon et al., 2016), while it is difficult to explain the dis-

cordant paleoclimatic data between terrestrial and oceanic systems in the
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GoM (Oboh-Ikuenobe and Jaramillo, 2003; Wade et al., 2012). This highlights

the necessity of high-resolution paleohydrological reconstruction across the

EOT. To fill this gap, we measured carbon (δ13Cwax) and hydrogen (δ2Hwax)

isotopes of terrestrial leaf waxes from a Gulf Coast drill core and thus have

quantified the paleohydrology across the EOT. We also measured the tetraether

index (TEX86) (Schouten et al., 2002) to reconstruct the SSTs in the GoM. This

reconstructed paleoclimate is compared to contemporaneous terrestrial and

oceanic proxy data, thus making it possible to understand how the continental

hydrology interacts with the change in ocean and atmosphere systems across

the EOT.

4.2. Lithostratigraphy, Age Constraints, and Modern Climate

Ellwood et al. (2019) used lithostratigraphy, biostratigraphy, geochemi-

cal, and geophysical methods to correlate five Eocene-Oligocene boundary suc-

cessions in the southeastern United States, and these results were compared

to the Global Boundary Stratotype Section and Point (GSSP) near Massignano

in central Italy. The Hiwannee (HIW) core (31.83°N; 88.69°W; Fig. 4.1) is one

of the five sites in southeastern Mississippi. The whole succession is ∼60 m

in length, covering from the upper Eocene North Twistwood Creek Formation

to the lower Oligocene Forest Hill Formation. The Eocene-Oligocene bound-
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ary in the study site is placed between the uppermost Eocene Shubuta Clay

Member of the Yazoo Formation to the lowermost Oligocene Red Bluff Forma-

tion of the Vicksburg Group (Ellwood et al., 2019) (Fig. 4.3). These units were

deposited in a shallow marine to the marginal marine environmental setting.

The Shubuta Clay Member sampled here is ∼25 m thick and is composed of

greenish glauconitic clay that grades upward into a bluish and phosphate-rich

glauconitic marl. The Red Bluff Formation is tan to brownish, glauconitic-rich,

marly clay, with abundant pyrite-filled burrow. This unit is interbedded with

sideritic-carbonate beds that were latterly altered into ion-oxides. Due to the

variation of bed hardness, the contact between the Red Bluff and the overlying

Forest Hill formation was washed out during the drilling process. Studies of

the lithostratigraphy of Eocene-Oligocene units in southeastern Mississippi in-

dicate that the Red Bluff Fm. thickness is ∼3 m (Oboh-Ikuenobe and Jaramillo,

2003). We recovered a ∼2.5 m thick succession in the core, but the uppermost

part of the Red Bluff Formation was lost during the drilling process.

The age of the HIW core is constrained by the lithostratigraphy, bios-

tratigraphy and magnetostratigraphy (Ellwood et al., 2019). The Eocene-

Oligocene boundary within the HIW core is identified by the last appearance

of Hantkeninidae in the uppermost Shubuta Clay (Ellwood et al., 2019). Thus,
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Figure 4.1. Modern boreal summer precipitation. The Hiwannee (HIW) core
site (circle) and northernmost position of Atlantic Intertropical Convergence
Zone (dashed line). Precipitation data (mm/day) are derived from NCEP/NCAR
Reanalysis dataset for the period 1981 – 2010. Insert shows the locations of
sea surface temperature records (circles) from IODP Sites 511 and 1404 (Liu et
al., 2009; Liu et al., 2018), and terrestrial paleoclimate records (stars) from the
western United States (WUS) (Zanazzi et al., 2007; Fan et al., 2017), St. Stephens
Quarry (SSQ) (Katz et al., 2008; Miller et al., 2008; Wade et al., 2012; Houben et
al., 2019) and the United Kingdom (UK) discussed in the text (Hren et al., 2013).

the boundary is placed at the transition from the Shubuta Clay into the base

of the Red Bluff Fm. The age model is based on the correlation of magnetic

susceptibility data (χ) to the St. Stephens Quarry (SSQ) section (Fig. 4.3),

which presents strong ∼100 kyr eccentricity cycles that are comparable to the

GSSP in Italy (Ellwood et al., 2019). The χ data for the Oligocene Red Bluff

member within the HIW core shows the same 100-kyr-cyclicity as that at the
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SSQ. However, the cyclicity of the Late Eocene Shubuta in the HIW core is

twice that in the SSQ, indicating that the Shubuta Clay sediment accumulation

rate in the HIW core is double that in the Eocene SSQ sequence (Ellwood et

al., 2019) (Fig. 4.2). We compared the χ data from HIW core to that at the

SSQ to derive the top (33.45 Ma) and bottom (34.13 Ma) ages for the HIW

samples. Ages for HIW core samples within each χ zone were determined

using linear interpolation, with each χ zone representing ∼50 kyrs of time

(Fig. 4.3). In this study, we place the E-O boundary at 33.8 Ma for comparing

the our records with published proxy data, but it should be noted that the

newest Geological Time Scale placed the E-O boundary at 33.9 Ma (Ogg et al.,

2016).

The HIW core site, situated in the eastern part of Gulf Coastal Plain, is

fed by the tropical maritime air masses (Joe Lambert and Aharon, 2010). The

study area experienced moderate seasonality with an average monthly temper-

ature ranging from ∼9°C to 28°C, with an average monthly precipitation range

from ∼85 mm (fall) to ∼185 mm (spring) (www.ncdc.noaa.gov). Convectional

rainfall events (hurricanes, tropical storms) are dominant during summers,

while a frontal style weather system controls the fall, winter, and spring pre-

cipitation due to the jet stream (Joe Lambert and Aharon, 2010). Interannual
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Figure 4.2. Age-depth relationship for the HIW core, from the late Eocene to the
early Oligocene. The magnetic susceptibility data are from (Ellwood et al., 2019)

change in atmospheric circulation has been linked to the El Ninõ-Southern Os-

cillation and position of the Bermuda High that influences moisture transport

during winter/early spring and summer/early fall seasons, respectively (Katz

et al., 2003; Mo and Schemm, 2008; Joe Lambert and Aharon, 2010).
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Figure 4.3. Lithostratigraphy and sampling horizons for the HIW core in the
Mississippi, southeastern United States. Magnetic susceptibility data, interpreta-
tion of chronology, and fossil photos are adapted from Ellwood et al. (2019).
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4.3. Methods and Materials

The HIW core was sampled at a 5 to 10 cm interval (119 samples) cov-

ering ∼700 kyr from the uppermost Eocene Shubuta Clay Member to the low-

ermost Oligocene Red Bluff Formation of the Vicksburg Group (Ellwood et al.,

2019). We studied the weighted-mean δ2Hwax and δ13Cwax values of long-chain

n-alkanes (n-C27, n-C29, and n-C31) from the Hiwannnee (HIW) core collected

at the town of Haiwannee in Wayne county, southern Mississippi, United States

(31.83°N; 88.69°W; Fig. 4.1). Given that the Antarctic ice sheet rapidly grows

during the EOGM leading to an increase in seawater oxygen and hydrogen

values, we subtracted the δ2H enrichment caused by ice sheet growth to gen-

erate a record with the ice volume effect being removed (δ2Hwax-I). We then

used δ2Hwax-I and δ2Hwax to quantify the change in mean annual precipita-

tion (MAP) across the EOT, based on the empirical equations generated by the

modern leaf carbon discrimination (∆leaf) –MAP relationship (Diefendorf et

al., 2010) and precipitation δ2H – MAP relationship (Joe Lambert and Aharon,

2010), respectively. We also measured the tetraether index (TEX86) (Schouten

et al., 2002) to reconstruct the SSTs of the GoM. The reconstructed hydrol-

ogy and SST history are compared to contemporaneous terrestrial and oceanic

proxy data to address the interaction between the ocean and atmosphere sys-
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tems across the EOT.

4.3.1. Total Lipid extraction, Column Chromatography, and Characterization

Samples were broken and ground with mortar and pestle to a coarse-

sand size and freeze-dried for 48 hours before extraction. Total lipids were

extracted with Soxhlet extractors using the azeotrope of dichloromethane

(DCM)/methanol 2:1 (v/v) for 48 hours. Total lipid extracts (TLE) were evap-

orated dry under a stream of purified nitrogen. Organic compounds in TLE

were separated into apolar, intermediate, and polar fractions using a pipette

column filled with ca. 0.5 grams of activated silica gel and sequentially eluted

with 2 ml hexane, 4 ml DCM and 4 ml methanol.

n-Alkanes contained in apolar fractions were re-dissolved into 1500

µL of hexane. n-Alkanes abundances were determined using a Thermal Trace

1310 Gas Chromatography (GC)-flame ionization detector (FID) fitted with

programmable-temperature vaporization (PTV) injector and TG-1MS column

(60 m long, 0.25 mm i.d., 0.25 µm film thickness). Samples were carried by

helium at a rate of 2 ml/min. GC oven temperature was programmed to ramp

from 60 °C (thermal holding for 1 min) to 320 °C at 15 °C/min (holding for 20

min). Individual n-alkanes were identified by comparing the elution time with

a reference standard (Mix A6, Schimmelmann, Indiana University Blooming-
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ton).

Terrestrial vascular plants produced long-chain n-alkanes are dominated

by a homologous series from n-C25 to n-C33, with odd-over-even carbon num-

ber predominance (Eglinton and Hamilton, 1967a), expressed by the carbon

preference index (CPI) :

CPI =
1
2

∑
A(23− 33)odd +

∑
A(25− 35)odd∑

A(24− 34)even
(4.1)

where A stands for the areas of individual n-alkane compounds, which are cal-

culated by the integrating ion trace peaks from Gas Chromatography with the

software Xcalibur.

Paq index is used to reflect the relative contribution of leaf wax n-

alkanes from aquatic macrophytes (n-C23 and n-C25) versus terrestrial vascular

plants (n-C29 and n-C31) (Ficken et al., 2000). Paq values were determined

using the equation:

Paq =
A(23 + 25)

A(23 + 25 + 29 + 31)
(4.2)

where A stands for the areas of individual n-alkane compounds in chromatog-

raphy.
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4.3.2. Leaf Wax Carbon Isotope Analysis

Leaf wax carbon isotope values were measured using Trace 1310 GC

coupled to a Thermo Delta V Advantage isotope ratio mass spectrometer

(IRMS) with a Thermo Isolink interface. Trace 1310 GC was fitted with PTV

injector and TG-5MS column (30 m long, 0.25 mm i.d., 0.25 µm film thick-

ness). Samples were carried by helium at a rate of 2 ml/min. Compounds were

separated by the GC with the temperature being programmed to ramp from 60

°C (held for 2 min) to 170 °C at 14 °C/min, to 300 °C at 3 °C/min, and then

to 320 °C at 14 °C/min with an isothermal holding of 5 mins. The duplicate

analysis was applied to each sample with a mean analytical precision of 0.1‰

for δ13C. The n-alkane reference materials Mix A6 (n-C16 to n-C30; Arndt

Schimmelmann, Indiana University) were measured every four to six analyses

to monitor instrumental drift. Carbon isotope ratio values were calibrated

relative to Mix A6 and reported relative to Vienna Pee Dee Belemnite (VPDB)

and expressed in per mil (‰):

δ13C = (
Rsample

Rreference
− 1) (4.3)

where R represents the 13C/12C ratios in samples and standard reference mate-

rials. The weighted mean δ13C values of n-C27, n-C29, and n-C31 are calculated
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as follows:

δ13Cwax =
∑

Ai × δ13Ci∑
Ai

(4.4)

where A stands for the areas of n-alkanes with i (27-31) indicating carbon

chain-length.

4.3.3. Leaf Wax Hydrogen Isotope Analysis

Leaf wax hydrogen isotope values were measured by the same GC-

Isolink-IRMS system with the High Temperature Conversion (HTC) config-

uration. GC and column settings were identical to those used in the carbon

isotope analysis. H3
+ factor was measured three times daily before the isotopic

analysis. The duplicate analysis was applied to each sample with a mean ana-

lytical precision of 1.6 ‰ for δ2H. The n-alkane reference materials (Mix A6)

were measured every four to six analyses for monitoring instrumental drift.

Hydrogen isotope ratio values were calibrated relative to Mix A6 and reported

relative to Vienna Standard Mean Ocean Water (VSMOW). Hydrogen isotopic

compositions were determined using the following equation and expressed in

per mil (‰):

δ2H = (
Rsample

Rreference
− 1) (4.5)
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where R represents the 2H/H ratios in samples and reference materials. The

weighted mean δ2H values of n-C27, n-C29, and n-C31 are calculated as follows:

δ2Hwax =
∑

Ai × δ2Hi∑
Ai

(4.6)

where A stands for the areas of n-alkanes with i (27-31) indicating car-

bon chain-length.

4.3.4. GDGTs Analysis

Methanol fraction containing GDGTs was analyzed using an Agilent

1290series UPLC system that was coupled to an Agilent 6530 qTOF mass spec-

trometer through an Aglient jet stream dual electrospray ionization (AJS-ESI)

interface, following the methodology of Liu et al. (2019). We used the rela-

tive abundance of GDGTs to derive the TEX86 index values that were con-

verted to the SSTs by applying a linear TEX86
H-SST relationship (Kim et al.,

2010). We also provide calibration results, using a linear relationship as done

by Schouten et al. (2002), and a Bayesian regression model (BAYSPAR) (Tier-

ney and Tingley, 2014).

4.3.5. Removal of Ice Volume Effects from δ2Hwax Records

The rapid growth of the Antarctic ice sheet during the EOGM (∼33.65

Ma) causes the enrichment of δ2H in seawater and thus influences leaf wax
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δ
2Hwax values for samples younger than 33.65 Ma. Previous studies of marine

δ
18O records reveal a 0.6‰ enrichment in seawater δ18O due to the Antarctic

Glaciation (Katz et al., 2008; Miller et al., 2008). Hence, we corrected the ice

volume effects on our δ2Hwax record as follows:

1. We use the slope of the local meteoric water line (7.2) from the IAEA sta-
tion in Alabama (Joe Lambert and Aharon, 2010) to convert the changes
in seawater δ18O to δ2H. The change of 0.6‰ in seawater δ18O is equiva-
lent to a 4.3‰ change in δ2H. We assume that change in seawater δ2H is
reflected in precipitation δ2Hp.

2. The relationship between hydrogen isotopic composition of leaf waxes
(δ2Hwax) and precipitation water (δ2Hp) is defined by the equation:

εwax/p =
δ2Hwax + 1
δ2Hp + 1

− 1 (4.7)

εwax/p is used to characterize the apparent fractionation δ2Hwax and δ2Hp,
and are reported as per mil (‰) (Sachse et al., 2012). During the late
Eocene and early Oligocene, warm temperate forests are predominant
in the southeastern United States (Oboh-Ikuenobe and Jaramillo, 2003),
and there is little C4 grassland before the early Miocene (Tipple and Pa-
gani, 2010). Thus, we use the average εwax/p value (∼130‰) derived from
n-C29 of North America C3 forest (Hou et al., 2007) to convert the change
in δ2Hp to the equivalence of 4.9‰ in δ2Hwax.

3. We subtract the ice volume induced δ2Hwax enrichment (4.9‰) from sam-
ples that are younger than 33.8 Ma to obtain an ice-volume corrected
δ

2Hwax-I record.

4.3.6. Evaluation of TEX86 Based SSTs

TEX86 (TetraEther indeX with 86 carbon atoms) paleothermometry is

based on the cyclicity of membrane lipids in marine archaea - glycerol di-

62



alkyl glycerol tetraethers (GDGTs) that can be converted to SST (Schouten et

al., 2002). TEX86 has been extensively used for paleoclimatic reconstruction

because of its ubiquitous occurrence in marine sediments and robustness to

diagenesis (Huguet et al., 2009; Kim et al., 2009). Reconstruction of SST from

TEX86 requires tests to justify that temperature is a primary control on GDGT

distribution. Non-thermal factors, including input of terrigenous organic mat-

ter and methanogenic archaeal communities and growth phases of archaea, can

influence GDGT distribution and lead to a considerable error in SST estima-

tion (Hopmans et al., 2004; Liu et al., 2011; Elling et al., 2014). To validate the

reliability of TEX86
H - based SST reconstruction, we use the Branched and Iso-

prenoid Tetraethers (BIT) index (Hopmans et al., 2004), Methane Index (MI)

(Zhang et al., 2011), ∆Ring Index (∆RI) (Zhang et al., 2016), and %GDGT-0

(Inglis et al., 2015) to evaluate the potential impacts of non-thermal factors

and applicability of the TEX86 - SST relationship.

The BIT index is based on the relative abundance of terrestrially derived

tetraether lipids (branched GDGTs) versus the crenarchaeol (isoprenoid GDGT)

produced by marine or lacustrine organic matter (Hopmans et al., 2004). A

BIT value of 0.4 is recommended as the limit to differentiate a marine source

with soil bacteria-derived GDGTs (Weijers et al., 2006). Samples with high BIT
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values (BIT > 0.4) are possibly influenced by substantial input of terrestrial

organic matter and thus are not used for SST reconstruction. The BIT index is

calculated using the following equation:

BIT =
[GDGT–I] + [GDGT–II] + [GDGT–III]

[GDGT–I] + [GDGT–II] + [GDGT–III] + [Crenl]
(4.8)

Methanotrophic archaea Euryarchaeota that live in both moderate and

extreme environments, in terms of temperature and salinity, also produce

GDGTs. The methane index is used to differentiate the input of methan-

otrophic archaea from normal marine communities (Zhang et al., 2011). An MI

value < 0.3-0.5 indicates a normal marine setting, while an MI value of > 0.5

suggests a methane hydrate-impacted setting. The methane index is calculated

using the following equation:

MI =
[GDGT–1] + [GDGT–2] + [GDGT–3]

[GDGT–1] + [GDGT–2] + [GDGT–3] + [Cren] + [Cren’]
(4.9)

where RI is defined as the weighted average of ring (cyclopentane) numbers in

the GDGTs.

Modern marine measurements indicate a significant correlation between

RI and TEX86. A deviation (∆RI) from the modern TEX86-RI relationship

can be used to detect non-thermal factors that are incorporated in the TEX86
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index. Samples with ∆RI > 0.3 are likely to be influenced by additional

tetraether input. ∆RI is expressed as follows:

RI = 0× [GDGT–0]+1× [GDGT–1] + 2× [GDGT–2] + 3× [GDGT–3]+

4× [Cren] + 4× [Cren’]

(4.10)

RITEX = −0.77(±0.38)×TEX86 + 3.32(±0.34)× (TEX86)2 + 1.59(±0.10) (4.11)

∆RI = RITEX −RI (4.12)

where ∆RI stands for the offset between samples (RI) and modern TEX86-RI

relationship. The quadratic regression between RITEX and TEX86 is derived

from the global ocean data set (Zhang et al., 2016).

The %GDGT-0 index was used to evaluate the contribution of

methanogenic archaea to the sedimentary GDGTs. Samples with %GDGT-

0 values higher than 67% are potentially influenced by additional organic

sources from methanogenic Euryarchaeota (Inglis et al., 2015). The %GDGT-0

index is calculated as,

%GDGT–0 = (GDGT–0/(GDGT–0 + Crenarchaeol))× 100 (4.13)
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The GDGTs distribution from the HIW core shows a wide range of BIT

values (0.17-0.88). The age of 33.85 Ma is a cut-off for separating GDGT dis-

tribution from high BIT values (mean BIT = 0.75) in the early Oligocene to

relative low BIT values (mean BIT = 0.43) from the late Eocene (Fig. 4.4). This

major increase in BIT values tracks the decrease in Paq values (Fig. 4.4), and

we infer that the samples with high BIT values are most likely the result of a

eustatic sea-level fall and thus a landward shift of organic source. The sub-

stantial high BIT values (>0.7) during the late Oligocene indicate that these

samples are less reliable for SST reconstruction due to this significant terrige-

nous input. Investigation of modern soil branched GDGTs distribution shows

that temperature deviation can be greater than 2°C when BIT values exceed

0.4 (Weijers et al., 2006).

However, further study found that in some localities (e.g., ODP sites

925 and 929), samples with high BIT values (>0.4) show similar SST estima-

tion as those with low BIT values (<0.1) (Inglis et al., 2015). In the HIW core,

while the early Oligocene samples exhibit relatively high BIT values (mean

BIT = 0.75), the late Eocene samples have mean BIT values of 0.43, close to

the threshold of 0.4 for a conservative SST reconstruction. We have compared

SST values between samples with BIT < 0.4 and samples with 0.4 < BIT < 0.5.
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The result shows that SSTs from samples with high BIT values did not ex-

hibit resolvable deviation (exceeding the analytical error of ±1°C) from SSTs

from samples with low BIT values (Fig. 4.4). In addition, there is no correla-

tion between the BIT values and SSTs when the BIT values are smaller than

0.5 (Fig. 4.5). This implies that the higher-than-threshold BIT values (0.4 <

BIT < 0.5) may not bias the SSTs reconstruction from TEX86. Thus, we have

concluded that the late Eocene samples with 0.4 < BIT < 0.5 can be used for

SST reconstruction. In addition, we further evaluated the potential influence of

methanogenic Euryarchaeota on the GDGTs distribution by examining the ∆RI,

%GDGT-0, and MI values. For late Eocene samples, the average ∆RI (0.38) is

close to the threshold of 0.3, and the average MI value (0.39) reaches the upper

limit for normal marine settings (0.3-0.5). However, the mean %GDGT-0 (40%)

is much smaller than the threshold of 67%. Hence, we argue that the impact of

methanogens is negligible.
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Figure 4.4. Comparison among TEX86 SSTs, BIT, and Paq values.
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Figure 4.5. Comparing the relationship between the BIT values and the TEX86
SST for the late Eocene samples with BIT values between 0.4 and 0.5.

4.4. Results and Discussions

4.4.1. n-Alkanes Characteristics and Evidence for Sea-level Fall

Plant cuticular waxes coat on the leaf surface to maintain the water bal-

ance and to prevent physical damage to the leaf cells. n-Alkanes, as one of

the major compounds consisting of leaf waxes, are ubiquitously preserved in

almost all types of sedimentary environments. A rigorous cut-off of CPI val-

ues for terrestrial higher plant sources has been suggested to be greater than 2

(Bush and McInerney, 2013). Samples with CPI values near 1 are suspected to

be influenced by thermal alteration or degradation after deposition. CPI values
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range from 2.2 to 4.0, indicating that the HIW sediments are less likely to be

influenced by post-depositional alteration.

Paq values vary between 0.2 and 0.5 in the whole series, with a marked

decrease of ∼0.2 at 33.69 Ma (Fig. 4.6A). This drastic change is synchronous

with the Early Oligocene Glacial Maximum (EOGM), which indicates an in-

crease in terrestrial organic matter input, which may have resulted from rapid

eustatic fall driven by Antarctic glaciation. Marine δ18O and Ca/Ma records

from nearby successions in St. Stephens Quarry (SSQ) site Alabama support

the major drop of sea level in the Gulf of Mexico associated with the timing of

the EOGM (Katz et al., 2008; Miller et al., 2008).

4.4.2. Hydrological History in the GoM during the EOT

δ
13Cwax values at HIW decrease by ∼1.6‰ across the EOT, with mean

value shifts from -29.5‰ at the late Eocene to -31.1‰ after the EOGM (Fig.

4.6B). The change of δ13Cwax values is synchronous with the positive shift in

benthic foraminifera δ18O records of the global dataset (Figs. 4.6B and 4.6E).

δ
13Cwax is a function of the δ13C of atmospheric CO2 (δ13Catm) and photo-

synthetic fractionation during carbon fixation (Farquhar et al., 1982). Pho-

tosynthetic fractionation is modulated by both physiological (photosynthetic

pathways) and environmental (water stress) variables. Plants with different
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Figure 4.6. Paleoclimatic reconstruction in the GoM based on leaf wax carbon
and hydrogen isotopes and TEX86 SSTs. A, Paq record. B, δ2Hwax-I record. C,
δ

13Cwax record. D, TEX86 SSTs. SSTs with BIT < 0.4 (solid circles); SSTs with
0.4 < BIT < 0.5 (empty circle); SSTs with BIT > 0.5 are not reported due to high
terrestrial organic input. E, a global compilation of benthic δ18O records with
the black line representing a 10-point moving average (Cramer et al., 2009). The
shaded bar denotes the EOT interval.
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photosynthetic pathways can result in distinct carbon isotopic signatures. C3

(Calvin-Benson) carbon fixation pathways have larger fractionation than the

C4 (Hatch-Slack) pathway (Diefendorf and Freimuth, 2017). Therefore, the

mean δ13Cwax values for C3 plants are ∼ -33‰, whereas the mean value for

C4 plants is ∼ -22‰. δ13Cwax data from the HIW site range from -31.6‰ to

-28.7‰, thus indicating that C3 plants were dominant in the Gulf Coast re-

gion during the early Oligocene and the late Eocene. Our results are compara-

ble to the δ13Cwax records from the Gulf of Mexico during the same time in-

terval (Tipple and Pagani, 2010). Variation of δ13Cwax values in HIW reflect a

change in ∆leaf, as the δ13Catm is relatively constant across the EOT based on

benthic foraminifera δ13C records (Tipple et al., 2010). Water stress predomi-

nantly controls ∆leaf through regulating leaf gas-exchange via constraints on

stomatal conductance. Thus, plant carbon isotope fractionation is strongly cor-

related with mean annual precipitation of C3 plants that hibit lower δ13Cwax

values when precipitation amounts are high (Diefendorf et al., 2010). We ar-

gue that the 2‰ negative shift of δ13Cwax values in HIW implies an increase in

precipitation in the GoM through the EOT.

δ
2Hwax-I record shows a ∼10‰ negative shift in 310 kyr (ca. 34.00-

33.69 Ma) across the EOT, which is coeval with the negative shift in δ13Cwax
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values (Figs. 4.6B and 4.6C). Mean δ2Hwax-I values change from -158‰ before

the EOT to -169‰ after the EOGM. δ2Hwax from modern lake sediments re-

flects the hydrogen isotopic composition of source waters and varies among

plant forms due to biosynthetic differences (Hou et al., 2008; Sachse et al.,

2012). As the primary control of δ2Hwax values, precipitation δ2H changes as a

function of temperature, precipitation amount, evaporation, and other climatic

factors. δ2Hwax has been used to reconstruct the long-term hydrologic evolu-

tion of the Great Plains of North America since the late Eocene (Tipple and

Pagani, 2010). The present study focuses on the change in paleoclimate in the

Gulf Coasts across the EOT. Variation of interannual precipitation δ2H in the

Gulf Coast mainly reflects changes in rainfall amount, with lower δ2H values

indicating increasing precipitation and vice versa (Joe Lambert and Aharon,

2010). Seasonal and annual temperatures have little influence on the precipita-

tion isotope values (δ18O and δ2H) in the US Gulf Coast (Vachon et al., 2010),

due to a weak seasonality in the Gulf Coast and single moisture source from

tropical maritime air masses (Joe Lambert and Aharon, 2010). Thus, we inter-

pret that the negative shift in δ2Hwax-I across the EOT represents an increase in

precipitation amount.

Change in plant communities should have a negligible effect on δ13Cwax
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and δ2Hwax-I values in the HIW core across the EOT. Studies on modern plants

suggest that plant carbon and hydrogen isotopes vary among taxonomy groups

(Diefendorf et al., 2010; Sachse et al., 2012). For example, carbon isotopic frac-

tionations in gymnosperms are ∼ 3-5‰ less than in angiosperms, which re-

sults in higher δ13Cwax values for conifers than angiosperms (Diefendorf et al.,

2011). Hydrogen isotopic fractionation for graminoids is more depleted than

trees and shrubs by ∼30‰ (Sachse et al., 2012). Gulf Coast regions were dom-

inated by tropical to subtropical forest assemblages during the late Eocene and

the early Oligocene; for example, Quercoidites, Sequoiapollenits, Cupressacites,

and Cyrillaceaepollenites (Oboh-Ikuenobe and Jaramillo, 2003). Although Quer-

coidites increase slightly during the Oligocene, there is no significant pale-

ofloristic change and turnover across the Eocene/Oligocene boundary (Oboh-

Ikuenobe and Jaramillo, 2003).

4.4.3. δ2Hwax-I and δ13Cwax Based Rainfall Reconstruction

We use δ2Hwax-I and wax records to generate two independent recon-

structions of precipitation across the EOT. The change in precipitation is calcu-

lated relative to the mean annual precipitation during the latest Eocene (prior

to 34.0 Ma). Then, we compare and evaluate the reconstructions of precipita-

tion based on δ2Hwax-I and δ13Cwax records.
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The reconstruction of precipitation using δ13Cwax is based on a compila-

tion of leaf discrimination (∆leaf ) values as a function of mean annual precipi-

tation (Diefendorf et al., 2010). Conversion from δ13Cwax to ∆leaf involves two

processes: (1) fractionation between δ13C of the bulk leaf (δ13Cleaf) and δ13C of

the atmosphere (δ13Catm) and (2) fractionation between δ13Cleaf and δ13Cwax,

expressed by the equations:

∆leaf = (
δ13Catm + 1
δ13Cleaf + 1

− 1)× 103 (4.14)

εleaf = (
δ13Cwax + 1
δ13Cleaf + 1

− 1)× 103 (4.15)

Where δ13Catm is ∼-6‰ during this interval (Tipple et al., 2010). δ13Cleaf is the

carbon isotopic composition of the bulk leaf.

The biosynthetic fractionation (εleaf) between δ13Cwax of long-chain

n-alkanes (n-C27, n-C29, and n-C31) and bulk leaf δ13Cleaf is ∼ -5‰ for C3

plant, based on the compilation of modern plants (Tipple and Pagani, 2010;

Diefendorf and Freimuth, 2017). Analysis of woody C3 plants from the global

dataset indicates that ∆leaf is linearly correlated with the log of the mean

annual precipitation (MAP) (Diefendorf et al., 2010). To quantify the change of

MAP in HIW during the EOT, we calculated the ∆leaf of our δ13Cwax records,
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and then employed an empirical ∆leaf – MAP relationship:

log(MAP) = 0.10(±0.04)×∆leaf + 1.01(±0.08) (R = 0.73,n = 105) (4.16)

Data used for deriving the equation are from a global compilation of

modern plant by Diefendorf et al. (2010) and new data for trees in the Gulf

Coast region. δ13Cwax reconstructed precipitation amounts increase from an

average of 818 mm during the latest Eocene (before 34.0 Ma) to 1175 mm dur-

ing the early Oligocene (33.45-33.70 Ma) (Figs. 4.7 and 6D), which is equiv-

alent to an increase of 44% in precipitation across the EOT. The predicted

MAP within a 90% confidence interval ranges from 349 mm to 1929 mm dur-

ing the late Eocene and ranges from 502 mm to 2771 mm during the early

Oligocene (Table S2). This large MAP range possibly results from genetic vari-

ability among plant species (Ehleringer et al., 1991; Diefendorf and Freimuth,

2017).

However, if this empirical relationship is valid for individual plant

species and the composition of plant communities is stable, the error of MAP

reconstruction is likely to shift the predicted precipitation amount as a whole

but is unchanged for MAP change in proportion (MAP%). Pollen data indicate

a stable plant assemblage in the Gulf Coast regions. Hence, we argue that
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MAP% in HIW is reliable for predicting precipitation change across the EOT.

We use modern meteorological data from the meteorological station in

Alabama (Joe Lambert and Aharon, 2010) to generate an empirical relation-

ship between precipitation δ2H and MAP. Only weekly data is reported for the

region, showing a correlation between weekly precipitation amount and pre-

cipitation δ2H. We assume that the observed relationship between the weekly

amount of precipitation and the precipitation δ2H hold for annual precipita-

tion and thus convert the weekly amount to the annual amount by multiply-

ing a coefficient of 52. The precipitation δ2H is then converted to δ2Hwax-I val-

ues by applying a fractionation factor of 130‰ to equation (4.7). The derived

δ
2Hwax-I values linearly correlate with MAP, with the low δ2Hwax-I values cor-

related with high precipitation. The equation expresses the relationship be-

tween MAP and δ2Hwax-I values:

δ2Hwax-I = −12.5× log(MAP)− 108.4 (R = 0.45,n = 118) (4.17)

The δ2Hwax-I reconstruction shows increases of MAP from 1,514 mm

before 34.10 Ma, to 2,269 mm between 33.45-33.70 Ma, equivalent to a 50%

increase in precipitation (Figs. 4.8 and 4.9D). The calculated precipitation

amount from δ2Hwax-I is higher than the result from the δ13Cwax record.
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Figure 4.7. Mean annual precipitation reconstruction based on ∆leaf . A, a linear
relationship between ∆leaf and log(MAP). MAP (mean annual precipitation, in
mm). The ∆leaf and MAP data are adapted from Diefendorf et al. (2010). The
shaded area denotes the 90% confidence interval. B, change of mean annual
precipitation in proportion (MAP%) at HIW across the EOT is reconstructed
by using the δ13Cwax record. The dashed line is generated by local regression.
MAP% are calculated relative to the mean values for the late Eocene (before 34.0
Ma) and are reported in percentage (%).
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δ
2Hwax-based MAP% resembles the estimation from the δ13Cwax record (Figs.

4.7 and 4.8).

4.4.4. Interhemispheric Temperature Asymmetry across the EOT

The TEX86 SSTs at HIW (Fig. 4.6D) increases from 28°C to 31°C from

34.1 Ma to 33.8 Ma and decreases ∼3°C within the following 50 ka (33.8

Ma-33.75 Ma). While samples younger than 33.75 Ma show high terrestrial

branched glycerol dialkyl glycerol tetraethers (br-GDGT) input, we performed

multifarious quantitative and correlation analyses and show here that samples

with a BIT < 0.5 are best to constrain the SST variations (Fig. 4.4). Our TEX86

SST records show similar cooling magnitudes to the SSTs at SSQ (Wade et

al., 2012). In addition, our new SST records capture a secular warming trend

within ∼300 ka before this cooling, which is concordant with the increasing

SST in the GoM and equatorial Atlantic during the late Eocene (Tremblin

et al., 2016; Houben et al., 2019). The warming at low latitudes during the

late Eocene might have reflected an increasing heat accumulation in the

tropical and subtropical Atlantic, which can be linked to an invigoration of

modern-like AMOC (Tremblin et al., 2016; Elsworth et al., 2017). This infer-

ence is supported by the increasing meridional benthic foraminiferal δ18O

gradient among the Atlantic and the Southern Ocean (Cramer et al., 2009)
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Figure 4.8. Mean annual precipitation reconstruction based on δ2Hwax. A, a
linear relationship between δ2Hwax and log(MAP). MAP (mean annual precip-
itation, mm). δ2Hwax values are converted from δ2H of precipitation using the
equation (4.7) and regional meteorological data from the IAEA station in Al-
abama (Joe Lambert and Aharon, 2010). The shaded area denotes the 90% confi-
dence interval. B, change of mean annual precipitation in proportion (MAP%) at
HIW across the EOT is reconstructed by using the δ2Hwax-I record. The dashed
line is generated by local regression. MAP% are calculated relative to the mean
values for the late Eocene (before 34.0 Ma) and are reported in percentage (%).
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and enhanced vertical mixing between Atlantic intermediate and deep water

inferred by the collapse in the planktic-benthic δ13C gradient (Abelson and

Erez, 2017; Coxall et al., 2018). The warming of SST in HIW during the late

Eocene supports the presence of modern-like AMOC in the Atlantic, which

result in northward heat transport and a warmer Northern Hemisphere than

the Southern Hemisphere (Buckley and Marshall, 2016).

Our TEX86 temperatures agree with other temperature proxy data and

benthic δ18O records, revealing that SST decreases weakly across the EOT in

the subtropics and Northern Hemisphere relative to the Southern Hemisphere

(Lear et al., 2008; Cramer et al., 2009; Liu et al., 2018). The magnitude of

change in SST at the HIW core location is consistent with the UK’
37 SST data

from Site 1404 in the North Atlantic (Fig. 4.9B), where SST decreases less

than 2°C associated with the EOT (Liu et al., 2018). In addition, terrestrial

paleoclimate proxy data from the Northern Hemisphere (Fig. 4.9A) also show

a delayed cooling that does not begin until the EOGM at ∼33.67 Ma. Temper-

ature proxy data from continental North America suggest a more pronounced

cooling (∼7-8°C) from the late Eocene into the early Oligocene (Zanazzi et

al., 2007; Hren et al., 2013; Fan et al., 2017), while the major phase of cooling

occurs after ∼33.6 Ma. Contrary to the Northern Hemisphere, the UK’
37 SST
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from site 511 in the southern ocean (Fig. 4.9B) strikingly declines during

the late Eocene, which is ∼0.5-1 Ma earlier than the cooling in the Northern

Hemisphere (Liu et al., 2009). This asymmetric temperature pattern across

the EOT cannot be attributed to the drop of pCO2 alone, which is supposed

to cool the global temperature synchronously. Climate simulation and proxy

data propose that the southern-northern temperature difference is associated

with the establishment of the Antarctic ice sheet that intensifies the meridional

temperature gradient and invigorates ocean circulation (Goldner et al., 2014;

Liu et al., 2018).

4.4.5. Northward Shift of the Intertropical Convergence Zone (ITCZ) Driven
by Hemispherically Asymmetric Temperatures

The increase in precipitation is synchronous with a positive shift in

global marine δ18O records (Cramer et al., 2009) and cooling of southern high-

latitude temperatures (Liu et al., 2009) (Fig. 4.9B, 4.9C, and 4.9D), indicating

that the hydrological change along the Gulf Coast is associated with changes

in meridional temperature gradients and reorganization in the ocean and at-

mospheric circulation. We argue that interhemispheric temperature asymme-

try has intensified the meridional pressure gradient that caused a northward

migration of ITCZ, with enhanced rainfall in GoM regions. Millennial-scale

climate modeling for glacial-interglacial cycles has suggested that the ITCZ
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displacement is sensitive to extratropical cooling. This interhemispheric asym-

metric temperature gradient impacts the Hadley and eddy circulation and

forces the ITCZ to shift toward relatively warmer regions by alternating atmo-

spheric heat exchange between the tropics and mid-latitudes (Broccoli et al.,

2006; Chiang and Friedman, 2012). Substantial cooling of the Southern Hemi-

sphere across the EOT, relative to the Northern Hemisphere, potentially shifts

the ITCZ to the Northern (relatively warmer) Hemisphere. In the GoM, this

northward positioning of the ITCZ can result in higher-than-normal precipi-

tation in GoM coastal regions, as represented by lower δ13Cwax and δ2Hwax-I

values.

The northward shift of the ITCZ, with enhanced precipitation in GoM

regions, is consistent with a climate simulation that predicts an increase in

annual precipitation by 20-100% in the tropics and subtropics driven by a

strengthened AMOC (Elsworth et al., 2017). This enhanced precipitation sub-

sequently prompted silicate weathering and drawdown in pCO2. The north-

ward migration of the ITCZ is supported by a dust provenance study from the

central equatorial Pacific site 1334, suggesting a northward shift of the rain

belt across the EOT (Hyeong et al., 2016). This displacement of the ITCZ ap-

pears to have been a rapid change, which is identical to the transient nature of
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hemispherically asymmetric temperature patterns (Liu et al., 2018). After the

rapid growth of the Antarctic ice sheet at the onset of the EOGM, this north-

ward shift of the ITCZ, along with precipitation intensification in the subtrop-

ics, was likely to have been restrained due to the Northern Hemisphere having

gradually cooled, and therefore the meridional thermal gradients decreased

after the EOGM (Fig. 4.9).
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Figure 4.9. Comparison between leaf wax δ2Hwax-I, and δ13Cwax-based rainfall
variations and temperature records in both hemispheres. A, continental records
of mean annual average temperature (MAAT) (Zanazzi et al., 2007; Hren et al.,
2013; Fan et al., 2017). B, sea surface temperatures from sites 511 (blue, North
Atlantic) and 1404 (orange, South Atlantic) (Plancq et al., 2014; Liu et al., 2018)
and new TEX86 at HIW. Temperature changes (∆T) are relative to the mean val-
ues between 34.5 and 37 Ma at individual localities. The published datasets
reviewed in A and B (points) are smoothed by using local regression (curves).
C, global benthic δ18O records (points), with the black line representing the
10-point moving average (Cramer et al., 2009). D, reconstructed changes in
rainfall based on δ13C and δ2Hwax-I; dashed line represents the average MAP
for the early Oligocene (33.45-33.70 Ma); dotted line denotes the average MAP
for the late Eocene (before 34.0 Ma). Change of MAP in proportion (MAP%) is
calculated relative to the mean values for the late Eocene (before 34.0 Ma) and is
reported in percent (%). The shaded bar denotes the EOT interval.
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4.5. Conclusions

Our biomarker proxy data implies that an increase in precipitation in

the subtropical Gulf Coast regions across the EOT can be associated with a

northward shift in the position of the ITCZ that was driven by a larger polar-

to-tropic temperature gradient in the Southern Hemisphere. Paleoclimate re-

construction supports that the change in Atlantic Ocean circulation, along

with an invigoration of modern-like AMOC, occurs during the late Eocene.

Our findings highlight the critical role of high-latitude climate and large-scale

ocean circulation in modulating tropical and subtropical hydroclimate and its

potential impacts on CO2-weathering feedback during the “greenhouse” to

“icehouse” transition near the E/O boundary.
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Chapter 5. Isotopic Fingerprints of Mountain Uplift and Global
Cooling in Paleoclimatic and Paleoecological Records from the
Northern Tibetan Plateau

5.1. Introduction

Tectonism and global change are two key factors influencing the Ceno-

zoic climate in Asia (Kutzbach et al., 1989; Molnar et al., 1993; An et al.,

2001; Dettman et al., 2001; Dettman et al., 2003). The high topography of the

Himalaya-Tibetan Plateau orogen was constructed as a result of the India-Asia

collision since 50-55 Ma (Tapponnier et al., 2001; Molnar and Stock, 2009;

Najman et al., 2010), which in turn changed the regional and global atmo-

spheric circulation patterns (Ruddiman and Kutzbach, 1989; An et al., 2001;

Boos and Kuang, 2010; Molnar et al., 2010; An, 2014). High Himalaya-Tibetan

Plateau is a primary driver in the development of the Asian monsoons (An et

al., 2001) and the aridification history of Central Asia (Zhuang et al., 2011;

Miao et al., 2012; Li et al., 2016; Wang et al., 2020). On the other hand, global

change has impacted the Asia climate throughout the Cenozoic. For exam-

ple, Tibetan Plateau has become increasingly arid due to global cooling at

the Eocene-Oligocene transition (Dupont-Nivet et al., 2007) and the Middle

Miocene Climate Maximum (Miao et al., 2011; Tang et al., 2011; Zhuang et al.,

2011).

87



Differentiating the relative role of tectonism versus global climate

change remains challenging. We are particularly interested in the middle

Miocene, a period of active tectonism when the global climate change also

manifests the influential impact in the regional climatic records. Sedimentary

and geochemistry evidence suggest that the northern Tibetan Plateau has

uplifted during the late Miocene (Bovet et al., 2009; Zhuang et al., 2014; Zuza

et al., 2016; Zhuang et al., 2019b). The high topography of the Tibetan Plateau

has acted as a moisture barrier of the Westerlies, enhancing the regional arid-

ity in Central Asia (Miao et al., 2012; Wang et al., 2020). However, the dry

climate has also been affected by global climate change. Post-Middle Miocene

global cooling, one of the most profound climate changes during the Ceno-

zoic, has drawn particular attention in the studies of Central Asian climate

because of contemporary uplift of the northern Tibetan Plateau (Bovet et al.,

2009; Zhuang et al., 2014; Zuza et al., 2016; Zhuang et al., 2019a). Global

cooling can reduce the capacity of moisture load in the atmosphere, limiting

the precipitation in Central Asia (Dupont et al., 2007; Miao et al., 2011). In

the northern Tibetan Plateau, increasing xerophytic pollen proportion and

carbonate δ18O values in sedimentary records indicate that Qaidam Basin has

encountered extensive aridity since ca. 18 Ma (Zhuang et al., 2011; Miao et al.,
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2012).

How tectonic activity and global climate change shaped the regional

ecological community has also added complexity to the tectonism-global cli-

mate dilemma. In the northern Tibetan Plateau, temperature and hydrologi-

cal changes invoked by contemporary tectonic uplift have changed C3 and C4

plants’ contribution since the mid-late Miocene. For example, leaf wax carbon

isotopic data from the North Pacific suggest that a decline in C4 plant propor-

tion between ∼12-8 Ma is associated with cold/arid climate due to the rapid

growth of source area northern Tibetan Plateau, as well as the global cool-

ing (Jia et al., 2012). C4 plant has been recognized to expand during the late

Miocene-early Pliocene at a global scale (Cerling et al., 1997; Tipple and Pa-

gani, 2007; Edwards et al., 2010; Strömberg, 2011). C4 plants preferentially

adapt to low latitudes with warm temperature (>25°C) and sufficient precip-

itation (>25 mm per month), whereas C3 plants have a competitive advan-

tage to inhabit high latitudes and elevations (Collatz et al., 1998; Edwards and

Smith, 2010). The declining atmospheric pCO2 and warm-dry climate favor C4

grasses relative to C3 woody plants in tropic and subtropic regions since the

middle-late Miocene (Pagani et al., 1999; Huang et al., 2007; Edwards et al.,

2010).

89



In this study, we reconstruct paleoecology and paleoclimate in the Hexi

Corridor (foreland basin), then compare with records in the Qaidam Basin (in-

termontane basin). Three questions are addressed. (1) we establish the basin-

wide paleoecology and paleoclimate records in the Hexi Corridor to under-

stand the linkage between climate and ecology. (2) we differentiate the basin

isolation signal related to the tectonic uplift by comparing the Hexi Corridor

and Qaidan Basin’ records. (3) the intra- and inter-basinal comparisons ad-

vance our understanding of the relative role of tectonism and global cooling

on regional climatic and ecological evolutions.

5.2. Geological Background and Modern Climate

Hexi Corridor (Fig. 5.1A), an elongate foreland basin in the northern

margin of Tibetan Plateau, is constrained by the North Qilian Shan Fault to

the south, Altyn Tagh Fault to the west, Alax Block to the North, and Ordus

Block to the east. The basin is divided into three sub-basins: Jiuxi, Jiudong,

and Zhangye Basins (Dai et al., 2005; Fang, 2005). Our study sites are in the

Jiuxi Basin (Fig. 5.1B) bounded by the North Qilian Shan Fault to the south,

Altyn Tagh Fault to the west, Heishan Fault to the north, and Jiayuguan Fault

to the east.

Cenozoic sedimentation in the Hexi Corridor mainly consist of five
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formations: the late Eocene Huoshaogou Formation (ca. 40.2-33.35 Ma), the

late Oligocene to early Miocene Baiyanghe Formation, the middle Miocene to

Pliocene Shulehe Formation (ca. 13-5 Ma), the Pliocene-Pleistocene Yumen

conglomerate (ca. 5-0.9 Ma), and the late Pleistocene Jiuquan conglomerate

(ca. 0.9-0.1 Ma) ((GBGMR), 1989; Zhao et al., 2001; Dai et al., 2005). We

study post-middle Miocene successions in the Laojunmiao (LJM), Wenshushan

(WSS), and Caogou (CG) stratigraphic sections in the Jiuxi Basin, western Hexi

Corridor (Fig. 5.2). The ages of each stratigraphic section are constrained by

lithostratigraphy, biostratigraphy, and magnetostratigraphy (Zhao et al., 2001;

Fang, 2005; Wang et al., 2016).

The LJM section (Fig. 5.2) extends from the late Miocene (ca. 13Ma) to

the late Pleistocene (ca. 0.1 Ma) (Fang, 2005). The LJM section is subdivided

into three formations. The lower part of Shulehe Formation (0-600 m) is com-

posed of sandy siltstone and mudstone, associated with the deep lacustrine de-

positional environment. the upper part of Shulehe Formation (600-1200 m) is

dominated by sandy conglomerate interbedded with muddy sandstone, which

is deposited in shallow lacustrine to fan delta environment. Yumen Conglom-

erate and Jiuquan Conglomerate (1200-2000 m) consist of poorly sorted grav-

els, associated with an alluvial fan environment.
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Figure 5.1. A, Topography of northern Tibetan Plateau, showing major faults, lo-
cations of paleoclimate studies from stable isotopes of fluvial and lacustrine
carbonates, and leaf wax lipids. HGZ: Honggouzi (Wu et al., 2019); HTTL:
Huaitoutala (Zhuang et al., 2011); Linxia Basin and Xunhua Basin (Hough et al.,
2011); Qigequan (QGQ), Ganchaigou (GCG), Lake Mahai (LM), Lulehe (LLH),
and Xiao Qaidam (XQ) are from (Kent-Corson et al., 2009). B, Elevation profile
of Qaidam Basin, Qilian Shan, and Hexi Corridor, with nearby paleoclimate
study sites. C, precipitation in northern Tibetan Plateau, with grey line denoting
3000 m contour. D, Geological map of Jiuxi Basin (modified from GBGMR, 1989
and Wang et al., 2016), showing major faults, strata, and studied sedimentary
sections: Caogou (CG), Laojunmiao (LJM), and Wenshushan (WSS).

The WSS section (Fig. 5.2) spans from the late Miocene (ca. 11.5 Ma) to

the late Pleistocene (> 0.9 Ma) (Zhao et al., 2001). The WSS section is subdi-

vided into three formations. The lower Shulehe Formation (0-260 m) consists

of siltstone and medium to coarse sandstone, channel lag deposits above the
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erosional surface. The upper Shulehe Formation (260-750 m) has increasing

proportions of medium-coarse sandstone and sandy conglomerate, deposited

in the meandering fluvial environment. Yumen Conglomerate and Jiuquan

Conglomerate (750-1150 m) are composed of pebble conglomerate interbed-

ded with coarse sandstone, which is interpreted as the braided fluvial deposits.

The CG section (Fig. 5.2) spans from the late Oligocene (ca. 24.2 Ma) to

the late Pliocene (2.8 Ma) (Wang et al., 2016) and is subdivided into five depo-

sitional units. The lower Baiyanghe Formation (0-170 m) is composed of fine

to coarse sandstone with pebble conglomerate on the erosional surface. This

unit is characterized by upward-fining trends, channel lag deposits, and cross-

stratification, which is associated with a braided fluvial environment. The up-

per Baiyanghe Formation (170-280 m) comprises mudstone and interbedded

fine sandstone and siltstones, reflecting a shallow lacustrine environment. The

lower Shulehe Formation (280-530 m) is dominated by fine sandstone and silt-

stone, reflecting the delta fan environment. Upper Shulehe Formation (530-800

m) consists of pebble to cobble conglomerate with minor sandstone and silt-

stone layers. The upward coarsening and coarse-grained size are interpreted to

be deposited in the distal to middle alluvial fan environment. Overlying Yu-

men Conglomerate (800-1050 m) is primarily composed of pebble- to cobble-
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conglomerate, reflecting a proximal alluvial fan environment.

The northern Tibetan Plateau is mainly interacted by two moisture

sources: Westerlies and Asian summer monsoon. Hexi Corridor on the north-

ern margin of Tibetan Plateau predominately receives Atlantic moisture from

the Westerlies and regionally recycled surface water (Araguás-Araguás et al.,

1998; Li and Garzione, 2017). The summer monsoons (East Asian summer and

South Asian summer monsoon) could only influence the southeastern margin

of the Plateau (Araguás-Araguás et al., 1998; Tian et al., 2001). The modern

Hexi Corridor receives the Westerlies moisture all year round with a substan-

tial amount of recycled surface water from inner Asia (Bershaw et al., 2012;

Li and Garzione, 2017). The meteorological data from International Atomic

Energy Agency (IAEA) station in Zhangye show that the average annual pre-

cipitation falls in ∼100-150 mm, with ∼95% of precipitation occurring during

summer; average temperature ranges from -10°C to 25°C, with the average

annual temperature at 8°C (IAEA/WMO, 2006).
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Figure 5.2. Stratigraphic column of A, Caogou (CG), B, Laojunmiao (LJM), and
C, Wenshushan (WSS) sections with the interpretation of depositional facies and
lithological Formations. Age constraints of CG section are interpreted by Wang
et al. (2016), LJM section is interpreted by Fang (2005), and WSS are interpreted
by Zhao et al. (2001). M: mudstone; S: sandstone; C: conglomerate; P: pebble; B:
boulder.

5.3. Methods and Materials

We studied leaf wax δ13Cwax values of mudstone and siltstone from

three stratigraphic sections in Jiuxi Basin, including 23 samples from the LJM

section, 21 samples from the WSS section, and 15 samples from the CG sec-

tion. δ13Cwax values of terrestrial-high plants are a function of δ13C of atmo-

spheric CO2 (δ13Catm) and photosynthetic fractionation during carbon fixation

(Farquhar et al., 1982; Farquhar et al., 1989a; Sparks and Ehleringer, 1997).

Fractionation between δ13Catm and δ13Cwax, expressed by carbon isotope dis-

crimination (εCO2−wax), is modulated by the physiological (photosynthetic path-
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ways) and environmental factors (e.g., water stress) (Farquhar et al., 1982;

Sparks and Ehleringer, 1997; Diefendorf and Freimuth, 2017). εCO2−wax is cal-

culated with given δ13Catm values:

εCO2-wax = (
δ13Catm + 1
δ13Cwax + 1

− 1)× 103 (5.1)

We also analyzed oxygen isotopic composition (δ18O) of bulk sediments

from LJM, WSS, and CG sections, which reflect changes in paleoclimate condi-

tions, such as precipitation, evaporation, and temperature.

5.3.1. Total Lipid Extraction

Rock samples were broken and grounded with pestle and mortar

into the coarse-sand size and freeze-dried for 48 hours before extraction.

Total lipids were extracted with Soxhlet extractor using the azeotrope of

dichloromethane/methanol (DCM/MeOH; 2:1 v/v) for 48 hours. The lipid

extracts were evaporated under a stream of pure nitrogen until dry. Organic

compounds in total lipid extracts were separated into apolar, intermediate,

and polar fractions using a pipette column filled with ca. 0.5 grams of acti-

vated silica gel and eluted with 2 ml hexane, 4 ml DCM and 4 ml methanol

sequentially.

96



5.3.2. Column Chromatography and n-Alkanes Characterization

n-Alkanes contained in the apolar fractions are re-dissolved into 1500

µL of hexane. n-Alkane abundances were determined using a Thermal Trace

1310 Gas chromatography (GC)-flame ionization detector (FID) fitted with

programmable-temperature vaporization (PTV) injector and TG-1MS column

(60 m long, 0.25 mm i.d., 0.25 µm film thickness). Samples were carried by

helium at a rate of 2 ml/min. GC oven temperature is ramped from 60 °C

(holding for 1 min) to 320 °C at a rate of 15 °C/min (holding for 20 min). In-

dividual n-alkanes were identified by comparing the elution time with a refer-

ence standard (Mix A6, Schimmelmann, Indiana University Bloomington).

The carbon preference index (CPI) of n-alkanes were determined using

the equation:

CPI =
1
2

∑
A(23 + 25 + 27 + 29 + 31 + 33) +

∑
A(25 + 27 + 29 + 31 + 33 + 35)∑

A(24 + 26 + 28 + 30 + 32 + 34)
(5.2)

Where A stands for the areas of the individual n-alkanes that are estimated by

using Xcalibur for chromatography analysis. Numbers (23–35) represent the

chain length of n-alkanes.
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5.3.3. Leaf Wax Carbon Isotopic Analysis

Leaf wax carbon isotopic values were measured using Trace 1310 GC

coupled to a Thermo Delta V Advantage isotope ratio mass spectrometer

(IRMS) with a Thermo Isolink interface. Trace 1310 GC is fitted with PTV in-

jector and TG-5MS column (30 m long, 0.25 mm i.d., 0.25 µm film thickness).

Samples were carried by helium at a rate of 2 ml/min. Compounds were sep-

arated by the GC with the temperature ramping from 60 °C (held for 2 min)

to 170 °C at 14 °C/min, to 300 °C at 3 °C/min, to 320 °C at 14 °C/min, then

isothermally holding at 320 °C for 5 mins. Samples were analyzed in duplicate

with a mean analytical precision of 0.1 ‰ for δ13C. The n-alkane reference

materials Mix A6 (n-C16 to n-C30; Arndt Schimmelmann, Indiana University)

were measured every four to six analyses for monitoring the instrumental

drift. Carbon isotope ratio values were calibrated relative to Mix A6. δ13C

values are reported relative to Vienna Pee Dee Belemnite (VPDB) using the

equation:

δ13C = (
Rsample

Rreference
− 1) (5.3)

Where R represents the 13C/12C ratios in samples and standard reference ma-

terials.
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5.3.4. Calculation of C4 Plant Contribution

Plants using C3 (Calvin-Benson) carbon fixation pathways have larger

carbon isotopic fractionation than those using the C4 (Hatch-Slack) pathway

(O’Leary, 1988; Tipple and Pagani, 2007; Diefendorf and Freimuth, 2017).

The modern mean εCO2−wax value of n-C31 is −26.5 ± 3 for C3 plants, while is

−13.7 ± 2 for C4 plants (Tipple and Pagani, 2010; Jia et al., 2012). We model

the change of n-alkanes contribution from C4 plants in the Hexi corridor by

assuming that the Miocene εCO2−wax is the same as the modern values. The

equation is expressed as follows:

εCO2−wax = εCO2−C3
× (1− fC4

) + εCO2−C4
× fC4

(5.4)

Where εCO2−C3
and εCO2−C4

represent the carbon isotopic fractionation between

δ
13Catm and δ13Cwax of n-alkanes derived from C3 plants and C4 plants, re-

spectively. fC4
is the fraction of C4 plants’ abundance. εCO2−wax values are cal-

culated with equation (5.1) with reconstructed CO2 (Tipple et al., 2010)and

observed leaf wax carbon isotopes (Fig. 5.3).

5.3.5. Oxygen Isotopic Analysis

0.5-1 mg of powdered bulk rock samples were analyzed for δ18O val-

ues. Samples were grounded by an agate mortar and were dried in the oven at
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70°C for 24 hours. Dried samples were reacted with orthophosphoric acid at

72°C to produce carbon dioxide and water. δ18O values were measured using

a Gas Bench interfaced with Thermo Delta V Advantage IRMS. Isotopic results

are reported with respect to VPDB and expressed in ‰. The precision of re-

peated analysis for δ18O values is less than 0.15‰.

5.4. Results

Samples from LJM, WSS, and CG sections are most abundant in long-

chain n-alkane homologs (n-C27, n-C29, and n-C31), indicating a terrestrial

higher plant source (Eglinton and Hamilton, 1967; Tipple and Pagani, 2007).

CPI values of all sections in the Hexi Corridor are higher than 1, suggesting

that samples are unlikely influenced by post-depositional thermal alteration

(Marzi et al., 1993). We report carbon isotopic compositions of n-C29 and n-

C31 alkanes from LJM, WSS, and CG sections and discuss their weighted mean

values (δ13Cwax) in the text (Fig. 5.3).

δ
13Cwax values of CG section (Fig. 5.3E) decrease from -28.0‰ to -

30.5‰ between 15.6 Ma to 10.9 Ma, followed by an increase of isotopic values

from -30.5‰ to -29.9‰ between 10.9 Ma to 5.0 Ma. After this positive shift,

δ
13Cwax values range from -29.9‰ to -31.4‰ from 5 Ma to 2.8 Ma. δ13Cwax

values of LJM section (Fig. 5.3E) decrease from -30.5‰ to -33.4‰ between
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12.7 Ma and 3.5 Ma, then isotopic values increase from 3.5 Ma to 2.6 Ma and

vary between -30.5‰ and -32.9‰. δ13Cwax values of WSS section (Fig. 5.3E)

decrease from -30.1‰ to -32.2‰ between 11.4 Ma to 4.2 Ma, followed by a

variation on isotopic values between -30.5‰ and -32.2‰ from 4.2 Ma to 1.7

Ma.

We divided the δ13Cwax records in Hexi Corridor into three stages by

comparing our records with regional and global paleoclimate records (Figs.

5.3 and 5.5). Stage one (16-12 Ma) shown in CG records is characterized by a

decrease in δ13Cwax values by ∼2‰, consistent with the decreasing trends in

δ
13Cwax records from the Qigequan (QGQ) and Honggouzi (HGZ) sections in

the Qaidam Basin and from the North Pacific. This stage is concurrent with

the positive shift of global benthic foraminifera δ18O values (Fig. 5.5F) (Zachos

et al., 2001) and declined δ13C values of atmosphere CO2 (Fig. 5.4E) (Tipple et

al., 2010). In stage two (12-4 Ma), LJM and WSS show ∼1.5-2‰ negative shift

of δ13Cwax, while δ13Cwax values in CG increase ∼0.5‰. Stage three (after 4

Ma) shows variable δ13Cwax values in the northern Tibetan Plateau.

δ
18O records of Hexi Corridor can be subdivided into three stages (Fig.

5.6). Stage one (16-12 Ma) is recorded in the CG section and show a decrease

in δ18O values from -5.4‰ to -11.0‰. In stage two (12-4 Ma), isotopic values
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Figure 5.3. Leaf wax carbon isotopic (δ13Cwax) records of the A, Caogou (CG), B,
Laojunmiao (LJM), and C, Wenshushan (WSS) sections from the Hexi Corridor,
and D, Qigequan (QGQ) and Honggouzi (HGZ) sections from the Qaidam Basin
(Wu et al., 2019). E, Weight mean δ13Cwax of n-C29 and n-C31 alkanes in CG,
LJM, and WSS sections.

are less variant, varying between -6.7‰ and -9.1‰ in CG, -10.5‰ ∼ -8.7‰

in WSS, and -10.8‰ ∼ -6.6‰ in LJM expect for one lowest value of -13.6‰

at 6.1 Ma. Stage three (after 4 Ma) shows a general increase of ca. 2‰ in δ18O

values.

5.5. Discussions

5.5.1. Decline in C4 Plant in the Northern Tibetan Plateau since Middle
Miocene Global Cooling

The most pronounced change in δ13Cwax values occurs in stage one and

is archived by CG records. ∼2.5‰ negative shift of δ13Cwax values from 16 Ma

to 12 Ma reflect a change in carbon isotope discrimination and δ13Catm values

(Fig. 5.3E). Reconstructed δ13Catm values decrease ∼0.6‰ from 16 Ma to 12
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Ma based on the reconstruction from benthic foraminifera records (Fig. 5.4E)

(Tipple et al., 2010). Hence, a ∼1.9‰ decrease of δ13Cwax value reflects the

change in carbon assimilation in response to a change in plant communities

(e.g., C3 vs. C4 plants) and water stress. Several scenarios can explain the neg-

ative shift in CG δ13Cwax values : (1) change in the proportion of C3 and C4

plants, (2) change in plant types among C3 communities (e.g., angiosperms vs.

gymnosperms), and (3) lessening of water stress conditions as a result of cli-

mate change.

Plants with different photosynthetic pathways (e.g., C3 and C4 path-

ways) produce distinct carbon isotopic signatures (Diefendorf and Freimuth,

2017). C4 plants predominantly produce long-chain n-C31 and n-C33 alka-

nes, with a mean εCO2−wax value of −26.5 ± 3 for C3 plants and −13.7 ± 2 for

C4 plants (Tipple and Pagani, 2010; Jia et al., 2012). Late Holocene δ13Cwax

values (-32‰) from Lake Qinghai indicate a C3 plant-dominated ecosystem

(Thomas et al., 2014). δ13Cwax values of CG section between 16-12 Ma (Fig.

5.3E) are higher than the Lake Qinghai δ13Cwax values by ∼4‰, indicating

the presence of C4 plant in the Hexi Corridor during the middle-late Miocene.

Pollen records from the LJM section identify that herbaceous plant Artemisi-

aepollenites and Chenopodipollis are predominant between 13-11.15 Ma (Ma,
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2005). C4 Chenopodiaceae species that are abundant in saline and arid Central

Asia desert and steppe regions (Pyankov et al., 2000; Lu et al., 2018) might

also grow in the Hexi Corridor during the late Miocene. We calculated the

contribution of C4 plants using εCO2−wax of n-C31 alkanes from Hexi Corridor

records and from modern end members using equation (5.4) (Fig. 5.4). The

reconstructed C4 plant proportion from the CG section decrease by ∼20%

from 16 Ma to 12 Ma (Fig. 5.4A). The mean C4 plant proportion in CG, LJM,

and WSS sections vary between 0 and 15% after 12 Ma (Figs. 5.4A-C). C4

plants have the advantage of adapting to warm growing season tempera-

tures (Ehleringer et al., 1997). Declined global temperature after the middle

Miocene Climate Optimum (Zachos et al., 2001) is likely to reduce C4 plants.

δ
13Cwax record from the North Pacific sediments supports a decrease in

C4 plant from ∼16% to 10% between 12 Ma and 8 Ma in the sediment source

area (northern Tibetan Plateau) (Jia et al., 2012). The decline in the North

Pacific record has been interpreted to indicate a cold and arid climate in the

northern Tibetan Plateau due to the tectonic uplift and post-middle Miocene

global cooling. The δ13Cwax of n-C31 alkanes from the Qaidam Basin, despite

a significant difference in elevation (>1000 m) compared to the Hexi Corridor,

shows a contemporaneous negative shift by ∼3‰ (Wu et al., 2019). Our calcu-
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lation shows that this negative shift is equivalent to a ∼19% decrease in the C4

plant (Figs. 5.3D and 5.4D). Qaidam Basin has been uplifted for 2 km from 15

Ma to 10 Ma (Zhuang et al., 2014; Zhuang et al., 2019a), while Hexi Corridor

is located at the geographical lowlands, i.e., the foreland basin. The reconstruc-

tions for the hinterland of intermontane Qaidam Basin and the foreland basin

of Hexi Corridor both capture the decline of C4 plants. Therefore, we argue it

is global cooling rather than tectonism that drove this change in paleoecology.

Carbon isotope discrimination varies among taxonomic groups due

to different water use efficiency and growth strategies (Brooks et al., 1997;

Diefendorf and Freimuth, 2017). A change in δ13Cwax values may be a signal

of the ecological shift within the C3 plants. For example, εCO2−wax of conifers

are > 2‰ lower than angiosperms with control of environment influences

(Diefendorf et al., 2010; Diefendorf et al., 2011), and εCO2−wax of gymnosperm

can be more variable among species than at the family level (Sheldon et al.,

2020). If the conifers contribution decreases between 16-12 Ma in the Hexi

Corridor, we would expect to observe a negative shift in δ13Cwax values. How-

ever, this scenario is not supported by the palynology study. Pollen data from

the nearby LJM section do not show a resolvable change in angiosperms or

gymnosperm proportion during 13-11 Ma (Ma, 2005). We argue that change in
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photosynthetic fractionation among C3 plant communities is unlikely the cause

for δ13Cwax change in CG from 16Ma to 12 Ma.

Plant carbon isotopic fractionation is strongly influenced by precipita-

tion amount (PPT). The PPT mediates the leaf gas-exchange by controlling

stomatal conductance (Farquhar et al., 1989a; Farquhar et al., 1989b; Mar-

shall et al., 2007). A compilation of the global plant dataset shows increased

εCO2−wax values with mean annual precipitation amount (Diefendorf et al.,

2010). δ13Cwax values would decrease with increasing precipitation amount

due to reduced water stress, and vice versa. Paleoclimatic data from the north-

ern Tibetan Plateau support a generally arid climate during the middle to late

Miocene (Miao et al., 2011; Miao et al., 2012). Pollen record from Qaidam

Basin shows an increase in xerophytic plants since ca. 18 Ma, indicating a

cooling and drying climate trend (Miao et al., 2011). Hence, decreased δ13Cwax

values from 16 Ma to 12 Ma cannot be attributed to the increased water avail-

ability in the Hexi Corridor.

5.5.2. Stable Hydroclimate in the Hexi Corridor during the Late Miocene

δ
13Cwax records in stage two (12-4 Ma) mainly archive the changes in

atmospheric δ13C values and paleoclimate in the Hexi Corridor. δ13Cwax val-

ues of LJM and WSS sections (Fig. 5.5A) show ∼1.5‰ negative shift from 12
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Figure 5.4. Calculated C4 contribution from δ13Cwax of C31 n-alkanes in the CG
(A), LJM (B), and WSS (C) sections from the Hexi Corridor and QGQ and HGZ
sections from the Qaidam Basin (D) (Wu et al., 2019). Dashed gray lines denote
1-sigma calculation uncertainty of modern end-members C31 n-alkanes. E, Re-
constructed δ13C of atmosphere CO2 (δ13Catm) from benthic foraminifera are
shown in blue with a 90% confidence interval (Tipple et al., 2010). F, A compila-
tion of global benthic foraminifera δ18O records (Zachos et al., 2001).

Ma to 4 Ma, which is consistent with 1‰ decrease in δ13C values of the atmo-

spheric CO2 (δ13Catm) during the same period (Fig. 5.4E) (Tipple et al., 2010).

Given that variation of Hexi Corridor δ13Cwax values resemble the trend of

δ
13Catm values during the middle and late Miocene, the decrease in δ13Cwax

values reflects the change in δ13Catm values from 12 Ma to 4 Ma. We calcu-

lated εCO2−wax of CG, LJM, and WSS sections by subtracting the effect on the

δ
13Cwax values due to δ13Catm variation (Fig. 5.5B). The calculated εCO2−wax

values reflect hydrological change related to precipitation and evaporation,

with the mean value of ∼27‰ for LJM, ∼26‰ for WSS, and ∼25‰ for CG
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sections. εCO2−wax values of three sections in the Hexi Corridor vary within

an amplitude of 1-2‰ between 12-4 Ma, suggesting a relatively stable hydro-

logical condition. δ18O results of LJM, WSS, and CG sections (Fig. 5.5C) are

consistent with previous stable isotopic records from the Hexi Corridor (Kent-

Corson et al., 2009) suggesting a relatively stable hydroclimate.

5.5.3. Uplift-driven Isolation of Qaidam Basin and Enhanced Aridity

Paleoclimate studies from the Qaidam Basin show that climate has be-

come increasingly arid since the middle Miocene, which is concurrent with

high elevation obtained in the northern Tibetan Plateau. Calculated εCO2−wax

values from QGQ and HGZ sections in the western Qaidam (Fig. 5.5D) de-

crease ∼2‰ since ∼12 Ma. Water stress has been recognized as a strong con-

trol on carbon discrimination of C3 plants (Diefendorf and Freimuth, 2017).

Water availability influences the plant’s stomal conductance and CO2 uptake

during photosynthesis, which affects carbon isotope fractionation. Decreased

εCO2−wax from 12 Ma to 4 Ma is likely to reflect enhanced evaporation and wa-

ter stress.

δ
18O records (Fig. 5.5E) of fluvial and lacustrine carbonates in the

Qaidam Basin are consistent with εCO2−wax record and support a generally arid

climate after the middle to late Miocene (Kent-Corson et al., 2009; Hough et
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al., 2011; Zhuang et al., 2011). The enhanced dry climate in the Qaidam Basin

is distinguished from the stable hydroclimate condition in the adjacent Hexi

Corridor during the same interval (Fig. 5.5). Additionally, mean δ18O values in

the Qaidam records (-8.6‰) (Kent-Corson et al., 2009) resemble those in the

Hexi Corridor (-8.1‰), even though the elevation of the Qaidam Basin is more

than 1000 m higher than that of the Hexi Corridor (Figs. 5.5C and 5.5E). δ18O

values are supposed to become more negative as increasing elevation since

heavier oxygen isotope (18O) become more depleted during rainfall (Garzione

et al., 2000; Poage and Chamberlain, 2001; Rowley et al., 2001). Similar mean

δ
18O values between the Qaidam Basin and Hexi Corridor imply that isotopic

depletion in the Qaidam Basin due to higher elevation has compensated the

isotopic enrichment caused by drier climate.

The discrepancy between regional climatic patterns between the Hexi

Corridor and the Qaidam Basin is related to their tectonic settings. Increasing

evidence suggests a major uplift and outward expansion of the northern Ti-

betan Plateau during the middle to late Miocene, based on structural, stable

isotope, biomarker, and thermochronological studies. Provenance analysis

of Miocene granitic clasts north of Altyn Tagh fault suggests a reduced slip

rate and a transition of tectonic activation from lateral extrusion to the dis-
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Figure 5.5. Comparison of paleoclimatic records in Northern Tibetan Plateau. A,
Weight mean δ13Cwax of C29 and C31 n-alkanes in CG, LJM, and WSS sections.
B, CG, LJM, and WSS sections. C, δ18O records of bulk rocks in the CG, LJM,
and WSS sections. D, εCO2−wax records of HGZ and QGQ in the Qaidam Basin
(Wu et al., 2019). E, δ18O records of fluvial and lacustrine carbonate rocks from
Ganchaigou (GCG), Lake Mahai (LM), Lulehe (LLH), and Xiao Qaidam (XQ)
(Kent-Corson et al., 2009) and Huaitoutala (HTTL) (Zhuang et al., 2011). Loca-
tions of the paleoclimate studies discussed in the text are shown in Fig. 5.1. F, A
compilation of global benthic foraminifera δ18O records (Zachos et al., 2001).

tributed crustal thickening since the end of early Miocene (Yue et al., 2004).

Sedimentary records from Hexi Corridor suggest that high energy deposition

and northeast-trending paleocurrent initiate since ca. 13 Ma, indicating crustal

shortening in the North Qilian Shan before the late Miocene (Bovet et al.,

2009). These findings are consistent with apatite fission-track studies showing

rapid cooling in the North Qilian Shan during 20-10 Ma (George et al., 2001;

Zheng et al., 2010). Nd isotopic record from Northern Pacific suggests in-

creasing input of Asian dust sediment since 15 Ma, resulting from accelerated
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exhumation on northern Tibetan Plateau induced by surface uplift (Li et al.,

2011). Stable isotopic studies from Qaidam, Linxia, and Xunhua Basins suggest

surface uplift of northeastern Tibetan Plateau between ca. 15-11 Ma (Hough et

al., 2011; Zhuang et al., 2014). Recent detrital zircon U-Pb and paleothermom-

etry data show that the northern Tibetan Plateau’s high topography has gained

by ca. 8 Ma (Chen et al., 2019; Zhuang et al., 2019a). We argue that Qaidam

Basin has encountered more substantial evaporation and less precipitation

than the Hexi Corridor did since the northern Tibetan Plateau uplifted at

the middle to late Miocene. Uplift of basin-bounding ranges in the northern

Tibetan Plateau (Altyn Shan and Qilian Shan) has intensified arid cliamte and

hydrological isolation of the Qaidam Basin by blocking Westerlies moisture

from the Atlantic and Arctic. Hence, tectonic forcing might have a more piv-

otal effect than global climate change on regional hydroclimate change in the

Qaidam Basin during the late Miocene.

5.5.4. Intra-basinal Comparison of δ13Cwax Records in the Hexi Corridor

δ
13Cwax and δ18O records in the Hexi Corridor show the persistent

intra-basinal offset since ca. 12 Ma (Figs. 5.5A, and 5.6), reflecting distin-

guished hydrological patterns within different parts of the basin. Even though

all three sections resemble isotopic trends, the δ13Cwax values of LJM are over-
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all more negative than those of WSS by ∼1‰ and are lower than those of CG

by ∼1.5‰ (Fig. 5.5A). The mean δ18O values in the LJM (-8.7‰) is lower than

in the WSS (-8.1‰) and CG (-7.5‰) (Fig. 5.6). Compared to the intra-basinal

difference among different parts of the Hexi Corridor, we suggest that the

offsets in mean isotopic values indicate specific local environmental features.

We solicit two scenarios to explain the intra-basinal isotopic differences in the

Hexi Corridor: the orographic effect and elevation effect.

The orographic rainfall effect demonstrates that more precipitation oc-

curs in the mountain front and diminishes toward the basin’s center. Our field

observation along the transection reveals a transition in vegetation types from

patches of forests at LJM near the Qilian Shan slope, shrubs at WSS to sparse

grasses at CG in the center Hexi Corridor Basin (Fig. 5.6). δ13Cwax and δ18O

isotopic values would become more depleted due to increased precipitation as

approaching the North Qilian Shan front. LJM is closest to the North Qilian

Shan comparing with the other two sections. Thus, it could receive more pre-

cipitation and the lowest mean δ13Cwax and δ18O values. Contrarily, CG is at

the northern margin of the Jiuxi Basin, where less rainfall and enhancing evap-

oration and recycling of moistures lead to more positive oxygen isotopic val-

ues in local precipitation. Stresses precipitation will reflect plant wax isotopic
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compositions.

δ
18O values decrease as increasing elevation, which demonstrates the al-

titude effect on isotopic fractionation. Altitude can affect leaf carbon isotopic

fractionation with control of mean annual precipitation, which is character-

ized by reducing δ13C values as increasing elevation (Warren et al., 2001; Van

de Water et al., 2002; Marshall et al., 2007; Diefendorf et al., 2010). The LJM,

WSS, and CG sections have altitudes of 2280m, 1720m, and 1570m, respec-

tively (Fig. 5.1). The higher elevation of the LJM section could be a potential

cause for lower δ13Cwax and δ18O values than those in the WSS and the CG.

5.5.5. Dynamic Climate in Northern Tibetan Plateau since the Pliocene

εCO2−wax values of LJM, WSS, and CG (Fig. 5.5B) show positive shifts

in stage three (after ∼4 Ma), suggesting a drying climate in the Hexi Corridor,

which is consistent with increased δ18O values in the LJM (Kent-Corson et al.,

2009). The intensified aridity is synchronous with global cooling indicated by

increasing benthic foraminifera δ18O values (Fig. 5.5F) (Zachos et al., 2001).

We argue that drying climate after ca. 4 Ma in the Hexi Corridor is associated

with reduced moisture hold by air masses due to cooling climate. Hexi Corri-

dor δ18O records (Fig. 5.6) support an arid climate trend since 4 Ma.
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Figure 5.6. Field pictures show ecology along the elevation transection of the
Jiuxi Basin, correlated with δ18O records from CG, LJM, and WSS sections. Refer
to Fig. 1 for the localities. δ18O records of bulk rocks in the Caogou (CG), Lao-
junmiao (LJM), and Wenshushan (WSS) sections from the Hexi Corridor. Dashed
gray lines denote the mean isotopic values of each sedimentary section.
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5.6. Conclusions

We use leaf wax carbon isotopes and carbonate oxygen isotopes to

reconstruct post-middle Miocene paleoecology and paleoclimate from sedi-

mentary successions in the Hexi Corridor. Isotopic records show a declined

abundance of C4 plants between ca. 16-12 Ma due to the post middle Miocene

global cooling. The stable carbon isotope discrimination (εCO2−wax) and carbon-

ate oxygen isotopes show disparate trends in the foreland basin of the Hexi

Corridor and the intermontane Qaidam Basin from 12 to 4 Ma. We attribute

the differences to the uplift induced basin isolation of the Qaidam Basin, a

result of tectonism since the mid-late Miocene that is consistent with regional

geological studies. Intra-basinal variations on isotopic values within the Hexi

Corridor reflect local environmental features associated with orographic pre-

cipitation and elevation effect. A drier climate in the region after 4 Ma is

associated with an enhanced cooling climate during Plio-Pleistocene.
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Chapter 6. Conclusions

In this research, I conducted paleoclimate and paleoecology studies in

Central Asia and the southern United States by applying compound-specific

carbon and hydrogen isotopes, alkenone unsaturation-based paleothermometry

(UK’
37), and GDGT-based paleothermometry (TEX86). My research project focus

on three revolutionary climate events that caused significant changes in the

Earth’s climate and ecosystem: the last glacial-interglacial climate cycle, the

Eocene-Oligocene climate transition, the post-middle Miocene climate change.

In the first project, we conclude that the climate boundary between

the Westerlies and Asian summer monsoon is dynamically change depending

upon the earth’s orbital forcing. The relative strength of Westerlies and Asian

summer monsoons not only varies interglacial-glacial scale but also respond

to precessional forcing. Asian summer monsoons are penetrated inland ward

when summer insolation is high, which results in increased rainfall in Central

Asia. Climate is generally cold, dry during the last glacial maximum but wet-

ter than at present when Asian summer monsoons retreat, and the Westerlies

become dominant. Our findings suggest that the Westerlies and Asian summer

monsoons alternately controlled the Qaidam Basin’s climate in response to pre-

cessional forcing during the late Pleistocene.
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In the second project, we found that (1) cooling in the Northern Hemi-

sphere delay than in the Southern Hemisphere during the Eocene-Oligocene

climate transition, and (2) precipitation is enhanced in the Gulf of Mexico re-

gions due to asymmetric cooling between two hemispheres. The increased pre-

cipitation results from enhanced Atlantic Meridional Overturning Circulation

that shifts the intertropical Convergence Zone northward over the Gulf Coast.

We estimated an increase of up to 50% in mean annual precipitation during

the Eocene-Oligocene climate transition. This finding marks the far-field

connections between high- and low-latitudes and supports CO2-weathering

feedback in the oceanic-atmospheric systems during the “greenhouse” to

“icehouse” transition.

In the third project, we address the relative importance of global cli-

mate change and tectonic activity in influencing the post-middle Miocene cli-

mate and ecology in the northern Tibetan Plateau. We compared the paleo-

climate and paleoecology history in the Hexi Corridor and Qaidam Basin in

the northern Tibetan Plateau. Our findings show that the Hexi Corridor has a

stable hydrological condition since 12 Ma while the adjacent Qaidam Basin ex-

perienced increased aridity. We suggest that the Qaidam Basin influenced the

uplift induced basin isolation since 12 Ma that prevents moisture transport to
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the basin. Differently, Given that the Hexi Corridor is tectonically stable, its

climate and ecology are primarily controlled by global climate change.
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